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ABSTRACT
Bisrat, S. T. Ph.D. The University of Memphis. August 2013. 3D Attenuation and High
Resolution Earthquake Location: Applications to the New Madrid Seismic Zone and
Costa Rica Seismogenic Zone. Major Professor: Heather R. DeShon
Part 1: Event archives and continuous waveform data recorded by the Cooperative
New Madrid Seismic Network (CNSMN) from 1995 to 2008 are analyzed with
waveform cross-correlation techniques to investigate the spatiotemporal distribution of
MD < 2.4 earthquakes in the New Madrid Seismic Zone (NMSZ). The resulting clusters
are divided into swarm clusters and repeating earthquake clusters depending on interevent duration of time. Most swarm clusters occur near Ridgely, Tennessee. Other
swarms and repeating earthquake clusters occur at proposed fault intersections in the
crystalline basement or along strong velocity contrasts. The presence of anomalously
high pore-fluid pressure is the most likely cause of swarm activity. Repeating earthquake
ruptures are interpreted as reactivation of small asperities.
Part 2: A three-dimensional, high-resolution P-wave seismic attenuation model
(QP) for NMSZ is determined from P-wave path attenuation (t*) values of MD < 3.9
earthquakes recorded at 89 seismometers of the CNMSN and 40 seismometers of the
Portable Array for Numerical Data Acquisition (PANDA) deployment. The amplitude
spectra of all the earthquakes are simultaneously inverted for source, path and site
parameters. The t* values are inverted for Qp using local earthquake tomography (LET)
methods and a known 3D P-wave velocity model for the region. The four major
seismicity arms of the NMSZ exhibit lower QP values than the surrounding crust. The
larger QP anomalies coincide with previously reported high swarm activity attributed to
possibly fluid rich fractures along the southeast extension of the Reelfoot fault.
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Part 3: We use the spectra of 210 earthquakes recorded by 35 seismometers to
image the attenuation structure of the seismogenic zone below Nicoya Peninsula, Costa
Rica. The amplitude spectra of the earthquakes are used to estimate t* using common
spectrum method. An attenuation map is then obtained using LET using a previously
constrained velocity model and earthquake locations. We use the final high-resolution
attenuation results from this study to investigate the relationship among attenuation
heterogeneity, interseismic coupling and genesis of different classes of earthquakes.
Large earthquakes are generated at fully coupled patches of the megathrust characterized
by low QP values. Low frequency earthquakes tend to occur in low QP values.
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PREFACE
This dissertation, Three Dimensional Attenuation and High Resolution
Earthquake Location: Applications to the New Madrid Seismic Zone and Costa Rica
Seismogenic Zone, includes three papers.
The first paper, Microseismic Swarm Activity in the New Madrid Seismic Zone,
co-authored by Shishay T. Bisrat, Heather R. DeShon, and Charlotte A. Rowe, was
published in the Bulletin of Seismological Society of America (BSSA), v. 102, 11671178, 2012.
The second paper, High Resolution 3-D Attenuation Structure of the New Madrid
Seismic Zone Using Local Earthquake Tomography, co-authored by Shishay T. Bisrat,
Heather R. DeShon, and Jeremy Pesicek has been submitted to the Journal of
Geophysical Research (JGR).
The third paper, Investigating the 3-D Attenuation Structure of the Nicoya
Peninsula, Costa Rica, Using Local Earthquake Tomography, co-authored by Shishay T.
Bisrat, Heather R. DeShon, Melissa Moore-Driskell, and Wolfgang Rabbel, will be
submitted to the Journal of Geophysical Research (JGR).
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CHAPTER 1
INTRODUCTION
This dissertation combines high-resolution earthquake relocation using waveform
cross-correlation and attenuation tomography to understand seismogenic zone processes.
Because some rock properties, such as fluid content, have a greater effect on attenuation
than velocity (e.g., Anderson, 1989), combining three-dimensional (3-D) attenuation and
seismic velocity models can improve interpretation of the processes and material
properties across faults and provide information useful for hazard assessment. The
methods are applied to studies of the New Madrid Seismic Zone (NMSZ), an intraplate
setting in the central United States generating abundant microseismicity (M<4) far from
plate boundaries, and the Costa Rica portion of the Middle America subduction system.
High-resolution earthquake locations and 3-D velocity models exist for the NMSZ
and Costa Rica studies (Vlahovic et al., 2000; Vlahovic and Powell, 2001; Powell et al.,
2010; Dunn et al., 2013 submitted; Moore-Driskell et al., 2013 submitted). In both areas,
the velocity studies reveal VP, VS, and VP/VS anomalies interpreted as the local effects of
elevated pore fluid pressure, pervasive fracturing, and/or compositional changes related
to the presence of fluid (Powell et al., 2010; Dunn et al., 2013 submitted; Moore-Driskell
et al., 2013 submitted). Chapter 2 uses waveform cross-correlation in the bispectrum
domain to understand the genesis and distribution of earthquake swarms in NMSZ.
Chapters 3 and 4 apply a recently developed path attenuation operator, t*, estimating
technique (Bennington et al., 2008; Pesicek et al., 2011) to use as input data for local
earthquake tomography attenuation modeling. The application is conducted for the
NMSZ (Chapter 3) and Costa Rica seismogenic zone (Chapter 4). The spectral decay and
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local earthquake tomography (LET) methods for determining attenuation have been used
for studies of the San Andreas transform fault system (Bennington et al., 2008). Chapter
3 is the first application of the combined method to an intraplate setting and Chapter 4 is
the first such application to a shallow subduction zone setting.
1.1 Microseismic Swarm Activity In The New Madrid Seismic Zone
Earthquake swarms and earthquake clusters are a class of earthquakes that occur
in large numbers in a small space and/or time duration. They are genetically different
from aftershocks and predominantly occur in volcanic regions and transform faults and
their occurrence can give insight into the geologic condition of the source region.
Regions of intense seismic activity in the NMSZ have been identified in previous studies
(Lammlein et al., 1971; Xie et al., 1997; Xie, 2001). Chapter 2 presents a waveform cross
correlation and master event cross correlation study of continuous waveform data and
catalog event data collected by the Cooperative New Madrid Seismic Network
(CNMSN). I systematically delineate earthquake swarm and/or earthquake cluster
regions and compute focal mechanism solutions and high-resolution double-difference
relocation of the swarm earthquakes. The characteristics of the source regions and
potential causative processes are discussed.
1.2 High-Resolution 3-D Attenuation Tomography of the New Madrid Seismic Zone
Using Local Earthquake Tomography
Seismic imaging is one of the most powerful geophysical techniques that
predominantly employ the change in the characteristics of a seismic source signal
(earthquakes, explosions, landslides, volcanoes and others) to understand the medium of
transmission, which is usually the earth. One of the many seismic attributes that are
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drastically affected by heterogeneity of the earth materials is the amplitude of seismic
waves. The presence of a multitude of rock types consisting of extreme cases of fluid
content, a spectrum of crack types and density, modified by complex tectonic structures
dissipate seismic energy producing waveforms on the surface that hardly resemble the
source in both waveform shape and energy content. In seismology, the degree to which a
given seismic medium dissipates a particular seismic wave is represented by seismic
quality factor (Q). The seismic quality factor is a dimensionless quantity and is inversely
proportional to seismic attenuation: the bigger the Q-value of a medium, the smaller the
change in the energy content of a transmitting seismic wave.
There is a wide range of methods used to measure the Q value both in the
laboratory and from passive and active seismic data. The most common techniques used
in the laboratory are the resonant bar method (Birch and Bancroft, 1938), the amplitude
decay of multiple reflections (Peselnick and Zietz, 1959), and the pulse transmission
method (Kustor and Toksoz, 1974). The list of widely used methods for field data include
the spectral ratio method (Bath, 1974), spectral decay method (Braile, 1977), the rise time
method (Gladwin and Stacey, 1974) and analytical signal methods (Taner et al., 1979).
The selection of a particular method depends on a number of factors that are related to the
purpose of the study and the type of data (e.g. whether the source is known).
Chapter 3 presents a spectral decay technique (Lees and Lindley, 1994; EberhartPhillips and Chadwick, 2002) modified by Bennington et al. (2008) and Pesicek et al.
(2011). In this method, the amplitude spectra of microearthquakes are iteratively inverted
for low frequency plateau, corner frequency, path attenuation parameter (t*), and site
response using the Levenberg-Marquardt method (e.g., Aster et al., 2005). This results in
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site response for each recording station site, a corner frequency for each earthquake, and
t* values that vary with each seismic path. The t* values determined for each ray path are
inverted to solve for Q using LET methods (Thurber, 1983; Rietbrock, 1996; Rietbrock,
2001; Thurber and Eberhart-Phillips, 1999).
The NMSZ is a very active intraplate seismicity zone currently producing small
magnitude earthquakes but with the potential to generate significant seismic events every
500 ± 300 years (e.g., Tuttle et al., 2002). The seismic activity is monitored by the
CNMSN. The presence of unconsolidated Cretaceous sediments beneath the
seismometers means the site response is not insignificant and hence cannot be ignored in
the inversion of the amplitude spectra for t*. For this reason, I use the method outlined
by Bennington et al. (2008), which solves for the site response component of the
amplitude spectra. The increase in resolution due to the increase of seismic stations in the
last decade implies LET can be successfully used to produce better-quality attenuation
models. High-resolution earthquake location and velocities studies using the CNMSN
data have already been conducted, and the Dunn et al. (2013, submitted) study provides
the initial velocity model for the attenuation imaging. The quality and interpretation of
the attenuation images for the NMSZ are discussed in detail in Chapter 3.
1.3 Investigating the 3-D Attenuation Structure of Nicoya Peninsula, Costa Rica,
Using Local Earthquake Tomography
Offshore Costa Rica, the oceanic Cocos plate subducts beneath the continental
Caribbean plate at the Middle America Trench. The Nicoya peninsula, located on the
northern Pacific margin of Costa Rica, extends over the portion of the subduction
megathrust fault that is capable of generating Mw 7.6 earthquakes. From 1999-2001, the
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seismicity below and offshore the Nicoya peninsula was monitored by a set of ocean
bottom seismometers and broadband and short-period land-based seismometers (Newman
et al., 2002). These data have been used to conduct high-resolution earthquake location
and velocity studies (DeShon et al., 2006; Moore-Driskell et al., 2013 submitted).
Chapter 4 provides a detailed discussion of the attenuation images beneath Nicoya
Peninsula. A significant Mw 7.6 event occurred on September 05, 2012 along the
peninsula, providing coseismic slip estimates to compare with the interseismic
earthquake catalog used for the velocity and attenuation images and other studies
mapping tremor and slow-slip processes along the Costa Rican seismogenic zone.
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CHAPTER 2
MICROSEISMIC SWARM ACTIVITY IN THE NEW MADRID SEISMIC ZONE
2.1 Introduction
The New Madrid Seismic Zone (NMSZ) is the most seismically active region in
the central and eastern United States and is known for three large (M > 7) destructive
earthquakes in 1811 and 1812 (Johnston and Schweig, 1996). Paleoseismological studies
indicate that there have been significant seismic events every 500 ± 300 years for the last
1200 years (Tuttle and Schweig, 1995; Tuttle et al., 2002). Small-magnitude earthquake
activity continues throughout the region, and the Cooperative New Madrid Seismic
Network (CNMSN) annually records an average of 200 earthquakes within the NMSZ.
Geologic, geophysical, geodetic, and hydrologic studies have resulted in a good regional
knowledge of the tectonic, seismic, and geologic history of the area (Ervin and McGinnis,
1975; Hildenbrand et al., 1977; Zoback et al., 1980; Johnston and Schweig, 1996;
Newman et al., 1999; Grollimund and Zoback, 2001; Smalley et al., 2005; Calais et al.,
2005; Csontos and van Arsdale, 2008; Powell et al., 2010). Identifying the driving
mechanism of intraplate seismic zones, located hundreds of miles from any active plate
boundary, remains a major scientific goal, and characterizing similarities and differences
between fault processes in intraplate and plate boundary settings can provide important
constraints on this issue.
The NMSZ is located in the northern part of the Mississippi embayment (Fig. 1).
Gravity and aeromagnetic mapping reveal a Precambrian continental rift, termed the
Reelfoot rift, and late Paleozoic/Cretaceous-age large alkaline intrusions deep beneath the
embayment sediments (Milhous, 1959; Ervin and McGinnis, 1975). Potential field data
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Figure 1. (a) Reelfoot rift faults are cut by northwest–southeast-trending faults to form
fault-bounded blocks of the crystalline basement: GRTZ, Grand River Tectonic Zone;
CMTZ, Central Missouri tectonic zone; OFZ, Osceola fault zone; BMTZ, Bolivar–
Mansfield tectonic zone; WRMF, Western Rift Margin fault; AF, Axial fault; ERMF,
Eastern Rift Margin faults; and RF, Reelfoot fault. The towns of New Madrid, Missouri,
Ridgely, Tennessee, and Memphis, Tennessee (white squares) are shown. (b) The NMSZ
is located at the northern part of the Mississippi embayment. The edge of the embayment
(light gray line; based on Hildenbrand et al., 1982) is defined as the northern limit of
coastal-plain material. Most NMSZ activity is concentrated along the northwest-trending
Reelfoot fault (RF). Other linear seismicity arms shown are the northeast-trending
southern segment (AF, Axial fault), northeast-trending northern segment (NE) and west–
northwest-trending northwestern segment (NW). Circles, events from the Center for
Earthquake Research and Information (CERI) catalog recorded from 1995 to 2008;
shaded triangles, broadband and short-period Cooperative New Madrid Seismic Network
(CNMSN) seismometers; and white triangles, stations used in this study (see caption for
Figure 3 and Table 1 for names).
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have also been used to constrain the Eastern and Western Rift Margin faults and major
northwest–southeast-trending features in the crystalline basement, including the Grand
River tectonic zone (GRTZ), Central Missouri tectonic zone (CMTZ), Osceola fault zone
(OFZ), Bolivar–Mansfield tectonic zone (BMTZ), and White River fault zone (Csontos
and van Arsdale, 2008; see Fig. 1). Many studies associate present-day seismicity with
reactivation of rift faults favorably oriented in the current stress field (Hildenbrand et al.,
1977; Zoback et al., 1980). Because not all optimally oriented ancient faults in the United
States generate seismicity, other hypotheses for generating local stress concentrations in
the NMSZ call on the presence of a lower crustal rift pillow (Grana and Richardson,
1996), increased differential stress around intrusions (Kane, 1977; McKeowen, 1978;
Ravat et al., 1987), movement in sub-embayment fault extensions of the New Madrid
fault system of Kentucky and Illinois (Heyl and McKeown, 1978), stress release at the
intersection of the subsided embayment and the Pascola arch (Stearns and Wilson, 1972),
stress imparted by deglaciation of the Laurentide ice sheet (Grollimund and Zoback,
2001), reduced normal stress from late-Pleistocene erosion (Calais et al., 2010), and
stress associated with the descent of the ancient Farallon slab below the NMSZ (Forte et
al., 2007). Increased ductile strain due to higher heat flow in the lowercrust and upper
mantle (Liu and Zoback, 1997) has also been hypothesized, but heat flow data points in
the region are sparse and have been interpreted as being low (McKenna et al., 2007).
Microseismicity is concentrated along four major fault segments that exhibit a
range of primary faulting mechanisms (Johnson, 2008). Aseismic faults in the crystalline
Precambrian basement have also been directly imaged or inferred to crosscut the region
(Csontos and van Arsdale, 2008; Fig. 1). Current seismogenic faults include the
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northeast– southwest-striking fault located along the central axis of the Reelfoot rift
known as the Cottonwood Grove–Blythville Arch or Axial fault, which generates
primarily right lateral strike-slip events. The northwest–southeast-trending central
segment, named the Reelfoot fault, is a southwest dipping reverse fault that generates
events with diverse and complex focal mechanism solutions, including normal, reverse,
strike-slip, and oblique slip mechanisms (Johnson, 2008; Herrmann and Canas, 1978;
Chiu et al., 1992). Smaller segments to the northwest include the north-northeast–southsouthwest– trending New Madrid North and northwest–southeast-trending Risco fault
(following the nomenclature of Csontos and van Arsdale, 2008), which are dominated by
right lateral and left lateral strike-slip events, respectively. Seismicity density pattern
varies through the NMSZ, with fault junctions at 36.27° N 89.45° W, 36.55° N 89.62° W
and a bend in the Reelfoot fault at 36.49° N 89.55° W exhibiting anomalously higher
seismic activity (Xie et al., 1997).
The clustering of earthquakes has been observed in many regions of different
tectonic settings. Using portable array for numerical data acquisition (PANDA) data
recorded from 1989 to 1991 (Chiu et al., 1992), Xie (2001) showed that 77% of NMSZ
microearthquakes occur in clusters that amount to less than 7% of the total faulting area.
Lammlein et al. (1971) and Xie et al. (1997) also reported increased seismicity rates and
highly similar waveforms along the southern Reelfoot fault near Ridgely, Tennessee.
Schaff and Richards (2004) similarly estimated that about 10% of seismic events in and
near China from 1985 to 2000 were repeating events not more than about 1 km from each
other. The presence of swarm or repeating earthquake activity has been documented at
well-recorded plate boundary faults (e.g., Vidale and Shearer, 2006; Vidale et al., 2006;
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Roland and McGuire, 2009; Lohman and McGuire, 2007; Llenos et al. 2009), as well as
at interplate rifts (e.g., Bianco et al., 2004; Stankova et al., 2008; Seht et al., 2008), and
the processes are attributed to anomalous pore-fluid pressure, magma movement, and
aseismic fault-slip transients. A more thorough documentation of similar activity within
the NMSZ seemed timely.
In this study, we investigate waveform similarity and spatiotemporal clustering of
microseismicity within the NMSZ in order to locate and characterize swarm and
repeating earthquake regions and to explore the possible physical mechanisms that cause
the observed clustering of the events. The data used include catalog waveforms recorded
by the CNMSN and archived as event waveforms from 1995 to 2008 (Fig. 1) and two
weeks of continuous data recorded in April 2008. We use a cross-coherency-based
waveform cross-correlation method and a dendrogram clustering technique to identify
clusters of similar earthquakes. In the dendrogram-based, hierarchical pair-group
clustering method, the clustering begins by joining the most similar event pair to form a
cluster. The subsequent clustering will be between other event pair, or between cluster
and single event or between cluster and cluster depending on their similarity. This forms
a tree-like (hence the term dendrogram) structure with the cluster of least similar
events/clusters at the base of the tree. We identify two primary types of clusters: swarm
clusters (SWs) that consist of more than the maximum likely rate of events (!3
events/day) of similar hypocentral location, magnitude, and waveforms; and repeating
earthquake clusters (RECs) in which highly similar events are separated by longer time
period (days to years). As with previous studies, swarm activity was highest near
Ridgely, Tennessee (Fig. 1), and we additionally relocate swarm events in this region
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using a double-difference earthquake location approach (hypoDD; Waldhauser and
Ellsworth, 2000). For the April 2008 sequence near Ridgely, we apply a master event
cross-correlation technique to continuous waveform data in order to characterize swarm
activity at smaller (MD < 1.2) magnitudes and find that the total number of swarm events
is nearly four times the number in the CNMSN catalog.
2.2 Catalog Cross Correlation and Earthquake Clustering
The CNMSN monitors earthquake activity throughout the NMSZ using a
combination of 109 short-period and broadband stations sampling ground motion at 100
samples/s. CNMSN stations record continuously, but only event files are archived on a
regular basis. We use the CNMSN earthquake catalog and waveform data provided by
the Center for Earthquake Research and Information (CERI) at the University of
Memphis and analyze !11, 000 waveforms recorded between 1995 and 2008. We
initially cross-correlate all catalog earthquake waveforms against one another at seismic
stations located nearest to the four major fault segments and report on those 16 stations
that yielded clusters containing five or more similar events (Table 1). We additionally
incorporate two weeks of continuous data recorded in April 2008, which was stored for
this study based on the real-time identification of an ongoing swarm.
For the local earthquake archive data, we cross-correlate all events recorded on
the vertical channel at the same station using the method of Rowe et al. (2002a) and
Rowe et al. (2002b). In any attempt to cross-correlate waveforms, preliminary filtering of
some sort is almost invariably employed. The method of Rowe (2002a,b) is unique in
that, rather than assuming an a priori low-pass or band-pass filter design, the code
extracts the cross-spectral coherency information for each waveform pair and designs the
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filter weights to maximize the phase-coherent portions of the waveforms for optimal
comparison, while downweighting incoherent frequencies. In general due to the
incoherent nature of higher frequency noise, this amounts to a low-pass filter for the most
part; however, especially for small to microearthquakes, often there is usable and
correlatable (coherent) signal in the higher frequency bands that can thus strengthen the
cross correlation if it is not discarded a priori. The choice of an optimum window length
is crucial to reliably use cross-correlation coefficient (CC) values as a quantitative
representation of waveform similarity. The waveform similarity literature presents a wide
spectrum of window length ranging from as small as 1 s (Hansen et al., 2006) and as
large as 200 s (Schaff and Richards, 2004), depending on the frequency of the phase or
phases of interest. A very small window length (compared to the wavelength of a phase)
may give high CC values that do not reflect similarity of the full waveform of the phase.
In contrast, a longer window may yield CC values strongly affected by signals different
from the phase of interest. We are most interested in identifying clusters of similar smallmagnitude local earthquakes, and we therefore tested sliding windows of 1.00, 1.28, 2.56,
and 5.12 s, moving at steps of 0.10, 0.15, and 0.20 s. A window of 5.12 s with a step size
of 0.20 s yielded the highest CC coefficients and bulk waveform similarity over suites of
earthquakes. The optimum time window includes P, S, and converted waves (P-to-S and
S-to-P) that result from the interaction of P and SV waves at the unconsolidated
Cretaceous–Paleozoic basement interface. The waveforms of all the events are shown in
Figure 2.
Following the cross-correlation step, we next seek to divide the catalog into
families or clusters of earthquakes based on their estimated similarity. We use a
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Table 1. Cooperative New Madrid Seismic Network (CNMSN) Stations Used in This
Study. Station names in bold are used for relative locations.
†MO, Missouri; TN, Tennessee; KY, Kentucky; and AR, Arkansas.

Name*

Station
CATM
CHNM
GLST
GRAT
HAWT
HICK
HOPT
LEPT
LFRT
LNXT
MARM
MFRT
MIST
MORT
MSAR
NNAR
PPLM
RDGT
RELT
STAM
TNMT
WALK
WYBT

Latitude (°) Longitude Elevation (m) Sensor
36.6129
!89.6472
82.0
Short period
36.0419
!89.9286
74.0
Short period
(°)
36.2691
!89.2877
122.0
Short period
36.2630
!89.4210
137.0
Short period
36.2256
!89.6596
81.0
Short period
36.5409
!89.2288
141.0
Broadband
36.3270
!89.3756
125.0
Short period
36.2990
!89.4607
88.0
Short period
36.1645
-89.3309
96.0
Short period
36.10138 !89.49127
144.0
Broadband
36.5300
!89.6690
82.0
Short period
36.0900
!90.3767
110.0
Short period
36.1708
!89.5023
80.0
Short period
TN
36.3247
!89.5663
83.0
Short period
35.7842
!90.1469
69.0
Short period
35.9810
!89.8232
75.0
Short period
36.4034
!89.5831
82.0
Short period
36.2562
!89.5110
81.0
Short period
36.0332
!89.3022
107.0
Short period
36.3311
!89.6610
81.0
Short period
36.1662
!89.5786
80.0
Short period
36.5394
!89.5423
87.0
Short period
36.3477
!89.4975
82.0
Short period
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Location†
Catron, MO
Channel, MO
Glass, TN
Gratio, TN
Hathaway, TN
Hickman, KY
Hopper, TN
Leeper, TN
Lanes Ferry, TN
Lenox, TN
Marston, MO
Millsfield Road,
Miston, TN
Mooring, TN
Manila South, AR
Number Nine, AR
Point Pleasant, MO
Ridgely, TN
Roellen, TN
Stanley, MO
Tennemo, TN
Watson Lake, KY
Wynnburg, TN

a) Swarm SW1, 2001 Ridgely swarm at GRAT

d) Swarm SW3, Reelfoot fault at GRAT
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e) Swarm SW5, Ridgley swarm at GLST
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b) Swarm SW2, 2008 Ridgely swarm at GRAT
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f) Swarm SW6, Ridgley swarm at GRAT
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c) Swarm SW4, Ridgely swarm at GRAT
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Figure 2. Clusters of similar waveforms occur in all the major seismicity arms of NMSZ.
Vertical component waveforms from (a) 2001 Ridgely swarm (SW1), (b) 2008 Ridgely
swarm (SW2), (c) 2003 Ridgely swarm (SW4), (d) Reelfoot fault swarm (SW3), (e) 2002
Ridgely swarm (SW5), (f) 2003 Ridgely swarm (SW6).
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j) Cluster REC1, Reelfoot Fault at GRAT

g) Swarm SW7, Ridgely swarm at LFRT

0.0
0.0

1.0

2.0

3.0
4.0
Time (s)

5.0

1.0

2.0

3.0
4.0
Time (s)

5.0

6.0

k) Cluster REC2, northern Reelfoot Fault at STAM
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h) Swarm SW8, Reelfoot fault north at WALK
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l) Cluster REC3, Axial fault at PLAR
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m) Cluster REC4, NW Arm-Reelfoot Fault intersection

i) Swarm SW9, northeastern arm at MARM
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Figure 2 continued. (g) 2005 Ridgely swarm (SW7), (h) Reelfoot fault (SW8), (i)
northeastern arm swarm (SW9), (j) Reelfoot fault repeating earthquake cluster (REC1),
(k) Reelfoot fault repeating earthquake cluster (REC2), (l) axial fault cluster (REC3), and
(m) Northwest–Reelfoot fault intersection cluster (REC4).
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clustering program developed by Rowe et al. (2002a) that is based on an agglomerative,
dendrogram-based hierarchical, pair-group scheme (e.g., Lance and Williams, 1967;
Ludwig and Reynolds, 1988). We apply the clustering method to the matrix of crosscorrelation coefficients, modified so the matrix entries CC(i, j) for the i-th and j-th
waveform pair are reported as 1 - CC(i, j) (plus a small epsilon to avoid potential divideby-zero issues in the unexpected event of CC = 1.000 ) thus emulating a Euclidean
distance between events in correlation space. Rowe et al. (2002a) refer to this as a
“dissimilarity matrix”; highly similar events with cross-correlation values near 1.0 are
thus assigned nearly zero distance from one another and will be the first to be joined, and
highly dissimilar event pairs might have a maximum distance of 1.0 and may fail to be
placed into any cluster. Our chosen method groups earthquakes in a manner dictated by a
user-defined minimum cross-correlation coefficient threshold (Rowe et al. (2002a); Rowe
et al. (2002b); Rowe et al., 2004). We have selected a cutoff of 0.80, which assures
highly similar waveforms for any earthquake family.
The number of clusters and number of event members in each cluster differ from
station to station, and we compare event origin times between station-reported clusters in
order to identify hypocenters consistently yielding similar waveforms at all recording
stations. For example, Table 2 reports all clusters recorded at stations GRAT and GLST.
Station GRAT exhibits a higher average signal-to-noise ratio due to closer proximity to
swarm hypocenters and therefore yields more clusters and/or more event members per
cluster than does GLST. It should be noted, however, that most events (cluster 0, Table 2)
at GRAT, GLST, and across the network are not incorporated into clusters of similar
waveforms, although they tend to show spatial clustering.
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The waveforms of the earthquake swarms and clusters are shown in Figure 2.
Stations PLAR and MARM recorded all clusters of the axial fault and northeastern
seismicity arm, respectively. Clustering analysis for station GRAT identified most of the
clusters in the Ridgely area and along the southern Reelfoot fault. The majority of the
clusters identified at GRAT were also reproduced at GLST, which is about 12 km away.
Clusters are built by taking into account waveform similarity at all nearby stations. An
example is shown in Figure 2a, in which the twelfth waveform at GRAT exhibits
uncorrected gain-ranging effects. This event was incorporated into the cluster based on
waveform similarity with other event members at GLST.

Table 2. Comparison of Swarm (SW) and Repeating Earthquake (REC) Clusters
Deduced Using Stations GRAT and GLST.
*Cluster 0 consists of all individual events that do not have any similarity to any other
event.
†CC, cross-correlation coefficient; Std, standard deviation.
Station
NameGLST

GRAT

Cluster* Number of

Mean CC† Std†

0 Events
SW1
SW2
SW3
SW5
0
SW1
SW2
SW3
SW4
SW6
REC4

0.0489
0.9513
5
0.9073
2
0.9172
6
0.9293
6
0.0489
3
0.9525
9
0.9156
9
0.9478
7
0.9269
6
0.9154
1
0.8602
7
0

841
14
11
08
07
565
21
09
09
12
06
11
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0.002
CC†
0.032
0.038
0.035
0.041
0.002
0.019
0.039
0.023
0.060
0.043
0.040

Minimum
0.0490CC†
0.8690
0.8130
0.8620
0.8320
0.0490
0.8990
0.8230
0.8970
0.8030
0.8170
0.8080

Maximum
0.0490
0.9940
0.9790
0.9910
0.8320
0.0490
0.9990
0.9750
0.9890
0.8030
0.9860
0.9500

Based on waveform cross-correlation clustering, we define two types of clusters
(Fig. 3, Table 2). As noted earlier in this paper, SWs are composed of highly similar,
closely spaced microearthquakes that occurred within a short time span, defined as
greater than the 3 events/day maximum likely rate of the CNMSN catalog. They do not
show the magnitude decay common in mainshock–aftershock sequences. RECs consist of
similar events with high CC values, but individual events within each cluster are
separated by a long period of time (a few days up to three years). Our definition for
repeating earthquakes, therefore, closely follows that of Waldhauser and Schaff (2008).
Repeating earthquakes are found in the central portion of the axial fault (REC3),
near the middle of the Reelfoot fault (REC1 and REC2) and near the intersection of the
Reelfoot fault and small northern arms (REC4) (Fig. 3). The Reelfoot fault repeating
cluster, REC1, consists of seven similar events that occurred from 26 January 2000 to 8
April 2007. The depth range of these events is 8.1–10 km, which is the deepest observed
in all the clusters reported in this study. REC1 also occurs in the area of lowest seismicity
rate in the otherwise highly productive Reelfoot fault and is located a few kilometers
from a region with reported deep tremor, serendipitously identified during seismic
reflection experiment in November 2006 (Langston et al., 2010). Another cluster from
the Reelfoot fault, REC2, occurs in the northern part of the fault and near the source
region for SW8. The Axial fault REC (REC3) has six events in the magnitude ( MD )
range of 1.6–2.4. This cluster has events with the largest magnitude range compared to all
swarm and repeating earthquake clusters. This cluster is located at the projected
intersection of the Central Missouri tectonic zone and the Axial fault (Csontos and van
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Arsdale, 2008). Repeating earthquakes occur near fault intersections of major seismicity
arms but also within inferred faults.
Swarms are a more common feature than the repeating earthquakes and have been
found primarily near Ridgely, Tennessee (Fig. 1), at or near suspected fault intersections
in the northern and southern parts of the Reelfoot fault and near the middle part of
Reelfoot fault (Fig. 3). The area southeast of Ridgely, Tennessee, is the most active
swarm source region (Fig. 3, inset), generating swarms in May 2001 (SW1); 28
February–8 March 2002 (SW5); 5–16 August 2003 (SW6); 9 September–10 October
2003 (SW4); 26–28 October 2005 (SW7); and on 6 April 2008 (SW2). The 2001 and
2008 Ridgely swarm events overlap in space based on the initial catalog locations, with
the 2008 swarm being the most spatially compact. Almost all the Ridgely swarm events
lie within a small volume of rock, with apparent catalog depth variation being larger than
epicentral variation. The 2005 swarm is the shallowest (!6 km mean depth), while the
2003 cluster is the deepest (!9 km mean depth).
We relocate Ridgely swarm events using the double- difference location
algorithm hypoDD (Waldhauser and Ellsworth, 2000) to gain a better understanding of
the source volume and intercluster geometry. The double-difference method reduces the
error due to unmodeled velocity structure based on the assumption that structure sampled
by two P or S waves generated from closely located events can be taken as identical if the
interevent separation is much smaller than the velocity heterogeneity and the epicentral
distance. We use catalog and waveform CC-derived P- and S-differential times and a
well-tested 1D P- and S-wave velocity model suitable for the New Madrid region (Table
3; Chiu et al., 1992). We use singular value decomposition to minimize the differential
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Figure 3. Swarm events and repeating earthquakes are identified using waveform crosscorrelation and are color-coded by time. White triangles, stations used in the final
analysis; orange rectangles, areas identified as hosting swarms by Xie et al. (1997). The
inset (delineated by the red rectangle) shows the Ridgely swarm events and two nearby
faults, the Cotton Grove fault (CGF) and the Ridgely fault (RdF). Basement faults
discussed in Figure 1 (GRTZ, CMTZ, and WRMF) are also included here.
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time residuals and provide a more robust estimate of relative location uncertainty
(Waldhauser and Ellsworth, 2000).
The maximum separation threshold between events is set to 2 km, and the
minimum number of links, or phases in common, that form an event pair is set to four.
Setting the minimum number links to four is not ideal, as this value should generally not
fall below eight in order to provide a well-determined system. We found limited relative
location sensitivity to this number for our dataset after extensive testing; and, because of
the small magnitude of the events and hence the small number of recording stations, we
therefore reduced this value to four. In general, the relocation of all Ridgely swarm
events resulted in a more compact source zone (Fig. 4). The mean relative epicentral and
depth uncertainties decreased to 20 m and 80 m, respectively, compared to initial catalog
reported absolute location values of 2.11 km and 5.47 km, respectively. It is important to
note that hypoDD moves events in a relative sense, and the location uncertainties given
here are underestimates of the absolute location uncertainties.

Table 3. 1D Velocity Model Used for Relative Relocation.The Vp model is after Chiu et
al., 1992. Vp/Vs is held constant for hypoDD relocation
Depth (km)
0.65
2.50
5.00
17.00
27.00
Half-space

VP (km/s)
1.80
6.02
4.83
6.17
6.60
7.30
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VP/VS
1.73
1.73
1.73
1.73
1.73
1.73

Northing

distance [km]

2
1

A‘

0
A

−1
−2
−2

0
distance [km]

2

Easting

Cross Section: A−A‘

depth [km]

−4
−5
−6
−7
−8
−1

0
distance [km]

1

Figure 4. HypoDD relocations of Ridgely swarm events: (top) map view of the relocated
events and (bottom) the cross section across the line A–A". Right-pointing triangles,
2001 swarm (SW1); squares, 2002 swarm (SW5), heptagrams, 2003 swarm (SW4); uppointing triangles, 2003 swarm (SW6); diamonds, 2005 swarm (SW7); circles, 2008
swarm (SW2).
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The events lie within a steep elongated zone, here after termed as a “swarm zone,”
that dips about 77º toward the southwest (Fig. 4). The 2001 swarm cluster (SW1) does
not have well- defined geometry in the initial locations and occurs within the most diffuse
region following relative relocation. All other swarms collapse to fairly compact source
volumes. The 2002 (SW5), 2003 (SW4 and SW6) and 2008 (SW2) swarms also occur
within a compact source area in the elongated swarm zone. SW6 gives the deepest
extension of the zone towards southwest. The 2005 swarm (SW7) does not show
significant movement of the hypocenters before and after relocation.
2.3 Continuous Waveform Cross Correlation
The New Madrid swarms identified using catalog event data alone do not contain
many cluster members; and, in order to gain a better understanding of the true scope of
swarm activity, we apply a master-event cross-correlation method to two-week-long
continuous data recorded in April 2008 at stations near the Ridgely swarm source area.
The cross-correlation algorithm is derived from the Rowe et al. (2002a) method, but it
operates in a scanning mode whereby the master-event template is compared to a sliding
window of the continuous trace, and at each time step the coherency-weighted correlation
value of the two time series is computed (e.g., MacCarthy and Rowe, 2005; Stankova et
al., 2008). Continuous data were stored for stations GRAT, RDGT, LEPT, MIST, LFRT,
and MORT, which were at epicentral distances of 3.8, 7.2, 7.8, 9.0, 12.0, and 15.6 km
respectively from the 2008 swarm. We select an MD 1.8 microearthquake that occurred
on 6 April 2008 as the master event. This event has good signal-to-noise ratio and was
recorded by many stations with relatively smallest location errors. The 10-s-long window
includes the earthquake signal and 1.8 s of noise prior to the P-wave onset. We move this
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waveform through the continuous data using a 0.2-s step size and also cross-correlate the
master event with the 1995–2008 event waveform archive. We set different CC
thresholds for each station depending on the signal-to-noise ratio and proximity of the
recording stations to the source area in order to identify similar earthquakes; these ranged
from 0.55 to 0.75.
The master-event cross-correlation technique identified 42 additional
microearthquakes at station GRAT from the April 2008 continuous data that were not
large enough to be reported in the CNMSN catalog. This represents a nearly fourfold
increase from the 16 member events identified in the catalog (SW2; Table 4). This is
similar to the findings of Stankova et al. (2008) in their continuous data correlation
analysis in the Rio Grande rift. The CNMSN Gutenberg–Richter completeness is
estimated to be !1.8 MD, but smaller events are present in the catalog where denser
station spacing allows, such as along the Reelfoot fault. GRAT was the nearest station to
the 2008 Ridgely swarm (3.8 km), but only seven new earthquakes were identified at
MORT, the most distant station (15.6 km). Many of the swarm clusters reported in this
study would likely contain significantly more earthquakes, but the continuous data are
not available to identify earthquakes recorded at fewer than four stations. Cross
correlation of the master event with the entire CNMSN catalog also identified the 2001
Ridgely swarm as being highly similar (CC > 0.7) to the 2008 sequence. This suggests
reactivation of the same fault within a 7-yr time frame.
2.4 Focal Mechanism Solutions
The microseisms associated with the clusters identified here were too small to
have previously reported focal mechanism solutions, and we therefore compute
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Table 4. Swarms (SW) and Repeating Earthquake Clusters (RE) in the New Madrid
Seismic Zone. AF, NE, NW, Rd, and RF (following SW/REC name) represent the
location of the clusters in Axial fault, North East seismicity arm, North West seismicity
arm, Ridgley, and Reelfoot fault respectively.
Name
SW1-Rd
SW2-Rd
SW3-RF
SW4-Rd
SW5-Rd
SW6-Rd
SW7-Rd
SW8-RF
SW9-NE
REC1-RF
REC2-RF
REC3-AF
REC4-NW

Number of Events
24
16
09
09
07
06
05
05
05
07
07
06
05

Activity Period
Centroid (Longitude [°],
(mm/dd/yyyy)
Latitude [°], Depth [km])
05/01/2001–05/09/2001 !89.435, 36.238, 7.08
04/06/2008
!89.436, 36.236, 7.24
05/20/1997–06/30/1997 !89.526, 36.302, 4.61
09/09/2003–10/10/2003 !89.444, 36.233, 6.75
02/28/2002–03/08/2002 !89.441, 36.235, 5.62
08/05/2003–08/16/2003 !89.441, 36.223, 8.25
10/26/2005–11/28/2005 !89.446, 36.249, 5.73
12/23/2006–01/07/2007 !89.555, 36.489, 8.29
10/13/2006
!89.621, 36.567, 7.37
01/26/2000–04/08/2007 !89.528, 36.364, 9.03
04/05/2003–04/22/2008 !89.547, 36.480, 8.34
05/18/2001–05/21/2006 !89.823, 36.050, 8.10
10/20/2006–11/24/2007 !89.640, 36.540, 7.80

composite focal mechanism solutions for each cluster using representative events. We use
FOCMEC, a program that utilizes first arrival polarities of P and SH waves (Snoke et al.,
1984), but only P-wave first-motion polarities are used in this study. The main challenge
in determining the faulting solution of small events is that they are usually recorded at
few permanent network stations. Computing a composite solution using highly similar
waveforms provided a better azimuthal station distribution than was available for singleevent determinations. The results for the 2001 and 2008 Ridgely swarms, swarms
recorded along the New Madrid North and Reelfoot faults, and the repeating earthquake
cluster along the Axial fault are shown in Figure 5.
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The focal mechanism solution for the 2008 swarm (SW2) is well constrained (Fig.
5a). The median solution is a reverse left lateral oblique plane that strikes N23°W and
dips 22° to the southwest. The strike of this plane is subparallel to the Reelfoot fault, but
the dip is shallower than the estimate for the fault in this area (< 60°; Johnson, 2008). The
reverse sense of movement is consistent with the motion along the Reelfoot fault. The
2001 swarm events (SW1) have the same first motion polarity with the 2008 swarm at all
of the common stations (Fig. 5a,b), which is also consistent with the high interswarm
waveform similarity and near collocation of these swarms.
The median solution for the northeastern arm cluster (SW9) is a northeaststriking, steep normal mechanism (Fig. 5c). This solution is not well constrained,
however, and a northeastern-striking strike-slip focal mechanism consistent with previous
studies would also fit the available data. For the Reelfoot fault swarm (SW3), we used
three highly correlated events with cross-correlation coefficient # 0.95 to calculate the
composite focal mechanism. The northeast strike of the reverse fault solution is in
contrast with the northwest-trending Reelfoot fault. The events in the repeating
earthquake cluster from the axial fault (REC3) have larger magnitude and are recorded at
more seismic stations. The two possible solutions are a northeast-striking right lateral
strike-slip plane and a northwest-striking left lateral strike plane. The northeast-striking
plane is more consistent with previous studies in the area for motion along the axial fault
(i.e., Herrmann and Canas, 1978; Johnson, 2008).
2.5 Discussion
We identify seven regions in the NMSZ that have produced repeating earthquakes
and earthquake swarms between 1995 and 2008 (Fig. 3). All of the repeating earthquakes
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and earthquake swarms occur along the Reelfoot fault or at the intersection of major
crustal faults. Spatial correlation between swarms and major fault intersections has been
noted in previous studies (Xie et al., 1997). Three swarm and repeating earthquake
clusters reported here occur near major fault intersections (SW3, SW9, REC3). Other
swarms coincide with regions of previously reported increased seismicity rates near
Ridgely, Tennessee, and near New Madrid, Missouri (Lammlein et al., 1971). Xie et al.
(1997) and Xie (2001) identified clusters of similar earthquakes throughout the NMSZ
(Fig. 3) and reported swarm activity near Ridgely, Tennessee, where the Axial fault
intersects the Reelfoot fault. The sequence of swarms referred to in this study as the
Ridgely swarms, however, lie southeast of those reported by Xie et al. (1997), and in
general the 1995–2008 CNMSN catalog does not contain swarm and repeating
earthquake sequences coincident with clusters documented in the 1989–1991 PANDA
data (Fig. 3; Xie, 2001). We note that what we refer to as repeating earthquake clusters
would likely be reported as swarms in previous studies.
Southeast of Ridgely, Tennessee, we see multiple episodes of swarm activity that
account for 78% of the swarm events reported in this study. The area has generated
swarm events in 2001, 2002, 2003 (two episodes), 2005, and 2008. All of the Ridgely
area swarms lie within a 4-km $ 2-km $ 2-km elongated source area (Fig. 4), but
individual swarms occur within even smaller source volumes of the order of 2 km3. The
2001 swarm (SW1) contains the largest number of locatable events, but continuous data
made available for the 2008 swarm (SW2), from which we were able to extract 42
additional earthquakes, indicate that the swarms likely included many more smaller
earthquakes that were not archived. The 2001 and 2008 swarms overlap spatially and are
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Figure 5. Focal mechanism solutions for (a) the 2008 Ridgely swarm (SW2), (b) 2001
Ridgely swarm (SW1), (c) cluster from north- eastern segment (SW9), (d) cluster from
Reelfoot fault (SW3), and (e) cluster from axial fault (REC3). The hypothetical focal
mechanism solutions for the major seismicity arms of the NMSZ (from Johnson, 2008)
are shown in (f). For polarity data, hexagons represent compressions and triangles
represent dilatations. T and P correspond to tension axis and pressure axis, respectively.
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highly similar to one another, as we were able to identify the 2001 swarm using one of
the 2008 swarm events as a master event in the cross-correlation technique. Therefore,
46% of the swarm events are essentially generated at the small source area of the 2001
and 2008 swarm events along the Reelfoot fault.
The recurrence of swarms and repeating earthquakes requires that one or more
faults are reloaded over relatively short time periods. Magma movement is one
mechanism that meets the requirement, but there is no known magma chamber in the
NMSZ. Fluid-diffusion and aseismic creep are two other major candidates, and we
analyzed the spatiotemporal behavior of the two largest swarms (SW1 and SW2) for
seismicity migration that might be associated with such processes. We found that the first
few earthquakes in the swarms extend over the entire source area, and later events
populate the region without evidence for migration. Therefore, we do not think that
aseismic creep or any directional fluid movement is associated with the NMSZ swarm
activity. The most likely mechanisms to explain swarm and REC in the NMSZ are local
perturbations in pore-fluid pressure or local perturbations in stress at fault intersections,
and evidence in support of these mechanisms is subsequently discussed here.
The Ridgely swarm region occurs along the southern Reelfoot fault, which
exhibits characteristics distinct from the northern part. The southern Reelfoot fault
exhibits much more variation in focal mechanism solutions, has not generated
earthquakes greater than MD 3 in the CNMSN catalog, is associated with anomalous low
P-wave velocities (Dunn et al., 2013; Powell et al., 2010), and along small 1–2-km
segments seismicity dips toward the northeast rather than the southwest (Powell et al.,
2010). The shallow crust is crossed by numerous imaged and proposed faults. The
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Cottonwood Grove fault and the Ridgely fault (Fig. 3 inset), mapped using seismic
reflection data, strike N40°E and define an inverted graben marked at the surface by
Ridgely Ridge (Zoback et al., 1980). These faults and other subparallel faults in the area
show post-Eocene movement (Zoback et al., 1980). More recent reflection surveys of the
Axial fault taken along the Mississippi River imaged multiple faults extending down to at
least 1-km depth, suggesting that the seismically defined linear fault forms a flower
structure through the unconsolidated embayment sediments (Magnani and McIntosh,
2009). Powell et al. (2010) suggest that the seismogenic crust southeast of the axial fault,
and hence coincident with the southern Reelfoot fault, is heavily fractured. The complex
relationship of deep and shallow faulting in this region suggests that the Ridgely swarm
activity may be associated with unmapped fault intersections that act as stress
concentrators.
Another possible mechanism to consider for swarm activity is local pore-fluid
pressure changes. High pore-fluid pressures in the NMSZ have been inferred from
artesian wells, porous intrusions, and fault- and fracture-weakened crustal rocks within
the Paleozoic and younger rocks (e.g., McKeown, 1982), but these units are generally
shallower than the seismogenic zone depths of the NMSZ and of earthquakes included in
the clusters reported here. The presence of water at hypocentral depths has been inferred
from seismic velocities. Powell et al. (2010) found that VP and VS values in the Ridgely
area are reduced by about 5.5% and 2.5%, respectively, giving rise to a low VP/VS value
of 1.67, which was interpreted as due to a 3% volume fraction of water- filled, high
aspect ratio cracks. This supports previous findings that P and S travel-time ratios
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(tS/tP and VP/VS ) show a drastic decrease in the Ridgely area in the top 5 km and remain
low at the deeper seismogenic zone (Nicholson et al., 1984).
There are different processes that can give rise to a change in the pore-fluid
pressure at hypocentral depth. One possibility is that a change in surface water input into
the hydrologic cycle can cause a change in the pore-fluid pressure and induce seismicity
(Wolf et al., 1997). Costain (2008) hypothesized that fluctuations in the Mississippi River
water level in the NMSZ are accompanied by changes in subsurface pore-fluid pressure
that in turn trigger earthquakes. Costain (2008) showed that there is good correlation
between baseflow and seismicity at New Madrid between the years 1975 and 2000, but
no correlation from 2000 through 2005, the time span over which five of the swarms
reported in this study occurred. The 2008 Ridgely swarm (SW2) occurred when the
Mississippi River was in flood stage and during the maximum values recorded at the
nearest river gauge (Hydrologic Unit Code 08010202). We find no one-to-one or lagged
correlation between increased gauge heights and swarm activity for any other Ridgely
swarm clusters, however. The lack of correlation could be explained by the fact that
seismic activity tends to lag a few months behind increased river stages (Ervin and ElHussain, 1988), but it is reasonable to expect the propagation time of the pore-fluid
pressure to the hypocentral depths to be similar for all swarms. Thus, we favor the
interpretation that increased surface water input into the shallow hydrologic cycle does
not trigger the observed swarm activity in the NMSZ.
McKeown and Diehl (1994) provide evidence of deep subsurface flow of fluids
that may cause high-fluid pressure and mineralogic changes that could change the
porosity and permeability of the rocks. A layer of mantle intrusives reaches its maximum
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thickness near Ridgely (Andrews et al., 1985), and it is possible that mantle volatiles may
also contribute to the observed seismicity provided there are deep weak zones (conduits)
related to the Reelfoot graben. The fact that the igneous rocks in the region are deep
seated (Andrews et al., 1985) might be an indication of such weak zones. It is, therefore,
feasible that pore-fluid pressure changes within highly fractured Precambrian crust may
cause the observed swarm activity.
The repeating earthquake clusters occur at areas with unique geologic/geophysical
signatures. All of the repeating earthquake clusters except REC1 occur at regions where
focal mechanism solutions show strike-slip faulting is dominant. REC1 occurs close to an
area proposed to have exhibited deep tremor (Langston et al., 2010) and the hypocenters
of the events lie within a region with anomalous VP/VS attributed to the presence of waterfilled, low-aspect ratio cracks with 1%–1.5 % liquid volume fraction (Powell et al.,
2010). The hypocentral distance among the events is larger in REC1 than in other
clusters, which, following Waldhauser and Schaff (2008), may indicate the fault is
smooth for longer distance to generate similar seismograms. As with the swarm activity,
we favor a pore-fluid pressure perturbation mechanism for this REC. REC2 is located at
the boundary of two anomalous bodies with contrasting VS values in the Powell et al.
(2010) S-wave model; REC3 is located at the intersection of the Axial fault and Central
Missouri tectonic zone (Fig. 1); and REC4 is located at the tip of the Grand River
tectonic zone and close to the Western Rift Margin fault (Csontos and van Arsdale,
2008). The Grand River tectonic zone and Western Rift Margin faults cut the
Precambrian crystalline basement and are generally aseismic (Fig. 1). In lieu of
geophysical evidence supporting fluids in these regions, we hypothesize that stress
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perturbations develop at the intersections of buried tectonic features, allowing for
repeated activation of small asperities. The average repeat time of events within the RECs
varies from 1 to 3 years, although there are events that occur within a few months of each
other.
2.6 Conclusion
In this study we have presented localities that have been identified as sources of
highly similar earthquakes in the years between 1995 and 2008. We have identified seven
source zones that form either swarm, repeating earthquake clusters, or both. Some of
these areas have been known to produce a large number of microearthquakes. The most
productive region is the Ridgely swarm area, with five swarms (SW1, SW2, SW4, SW5,
SW6) that define a southwest-striking swarm zone. Geophysical evidence provides some
support for the presence of fluids at hypocentral depths, and perturbations in pore-fluid
pressure may be responsible for the local swarm activity. For the Ridgely swarms in
particular, the recurrence of highly similar waveforms during swarms and between
swarms point to fluid processes as a more efficient way to re- load the faults, and it is
more likely that pore-fluid pressure changes within highly fractured Precambrian crust
trigger the swarm activity. A small number of swarms and repeating earthquake clusters
occur at known fault intersections, and we cannot rule out the possibility that this activity
is related to differential stress developed at fault intersections, similar to conclusions
presented in similar studies in this region (Xie et al., 1997; Xie, 2001). The focal
mechanism solutions for swarm activity are similar to catalog solutions, indicating that
the broad-scale stress regime does not change.
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Like swarms and repeating earthquakes reported at active plate boundary faults,
unambiguously identifying the driving processes responsible for generating highly
similar waveforms over short- and long-term time scales remains difficult. However, it
does not appear that active intraplate faults in the NMSZ behave any differently at the
microseismic level than do their plate boundary counterparts. Future work in the central
United States with the passage of the Earth- scope project may clarify crustal structure
and seismogenic potential, providing evidence needed to understand the broad-scale
driving mechanisms of intraplate seismicity.
Data and Resources
All data are from Center for Earthquake Research and Center (CERI) and are
available for public use at http:// folkworm.ceri.memphis.edu/catalogs/html/cat_nm.html.
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http://www.water.usgs.gov/. Both web sites were last accessed in November 2010.
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CHAPTER 3
HIGH RESOLUTION 3-D ATTENUATION STRUCTURE OF NEW MADRID
SEISMIC ZONE USING LOCAL EARTHQUAKE TOMOGRAPHY
3.1 Introduction
The three-dimensional (3-D) P-wave attenuation structure for the New Madrid
Seismic Zone (NMSZ) provides information to help unravel the interrelationship among
fault structure, fluids, and seismogenesis along intraplate fault systems. The NMSZ
(Figure 1) is the most active intraplate seismicity region in the central and eastern US
(CEUS). The low topography, lack of apparent heat flow anomaly [McKenna et al.,
2007], and low GPS resolved strain accumulation rate across the NMSZ faults [Newman
et al., 1999; Smalley et al., 2005] appear at odds with the known seismic history of the
region [e.g., Johnston and Schweig, 1996; Tuttle et al., 2002]. There have been numerous
scientific studies aimed at understanding the causative processes that lead to seismicity
far from plate boundaries and improving assessment of the seismic hazard for the region.
Because some rock properties, such as fluid content, have a greater effect on attenuation
than velocity [e.g., Anderson, 1989], combining 3-D attenuation and seismic velocity
models can improve interpretation of the processes and material properties around fault
zones and provide information useful for hazard assessment.
Local earthquake tomography (LET) is a widely used technique that uses locally
recorded earthquakes to image the subsurface. Physical and material properties at depth
can be imaged through inversion of arrival time data to solve for compressional (VP) and
shear (VS) velocities and to compute high precision earthquake locations [e.g., Thurber,
1983]. Arrival time tomography is a common technique due to the relative simplicity of
the measurement (arrival time) needed for the data and its relatively simple relationship
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to velocity [Rawlinson and Sambridge, 2003]. This fact is no different for the NMSZ,
where a majority of the studies are related to the analysis of the arrival times of different
types of seismic waves [e.g., Andrews et al., 1985; Chiu et al., 1992; Pujol et al., 1997;
Vlahovic et al., 2000; Vlahovic and Powell, 2001; Zhang et al., 2009; Powell et al., 2010;
Dunn et al., 2013, submitted]. As the quality and quantity of seismic data has improved,
there has been an substantial increase in seismic attenuation studies. These studies
augment the structure information provided by seismic velocity studies based upon
arrival times. P- and S-wave amplitude spectra of locally recorded earthquakes contain
information about heterogeneous body wave attenuation (QP and QS) [Rietbrock et al.,
1996; Rietbrock, 2001; Thurber and Eberhart-Phillips, 1999; Eberhart-Phillips and
Chadwick, 2002]. The inversion of local earthquake data for velocity and attenuation has
resulted in complementary velocity and attenuation models for joint interpretations of the
compositional, fluid and thermal structure of the fault structures in many tectonic
settings.
There have been a number of attenuation studies of the NMSZ and central US,
primarily focused on the thick (~1 km) unconsolidated upper Cretaceous-to-recent
sediments [Chen et al., 1994; Langston, 2003]. Liu et al. [1994] also used the spectral
decay technique to obtain high frequency attenuation parameter % for P- and S-waves
recorded in a 3-component Portable Array Numerical Data Acquisition (PANDA)
experiment. The QP and QS equivalents of the attenuation parameter, %, were 59 and 36
respectively. Attenuation studies of the underlying crust are few. Al-Shukri and Mitchell
[1990] used a spectral decay technique to determine frequency- independent 1/QP values
and constructed a 3-D attenuation model that showed seismically active areas with
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Figure 1. (top) The New Madrid Seismic Zone (NMSZ) sits within the Mississippi
embayment and is thought to be associated with the northeast-southwest striking
Reelfoot Rift system (solid cyan lines). The orange line shows the extent of the
Eocene sediments. The NMSZ consists of the dextral strike-slip Axial fault (AF), the
northwest-southeast striking Reelfoot thrust fault (RF), and minor strike-slip faults
located off the northwest end of the RF. A sequence of northwest-southeast trending
Proterozoic faults mapped outside of the embayment may form fault-bounded blocks
within the crystalline basement (blue dotted lines) [Csontos and van Arsdale, 2008].
Earthquakes used in this study (red circles) are taken from Dunn et al. [2013,
submitted]. WMRF & EMRF: Western and Eastern margin rift faults; GRTZ: Grand
River tectonic zone; CMTZ: Central Missouri tectonic zone; OFZ: Osceola fault zone
(OFZ); BMTZ: Bolivar-Mansfield tectonic zone. (bottom) Cross section from A-A’
through one hypothesized crustal structure for the NMSZ (modified from Grollimund
and Zoback [2001]) and seismicity along the Axial fault.
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attenuation 2-3 times larger than the surrounding regions. Hamilton and Mooney [1990]
showed that refracted waves from an active seismic experiment dissipated more seismic
energy if they pass through the seismic trend in the Blytheville arch. The loss of energy
was attributed to defocusing of the waves in a low-velocity zone and/or seismic
attenuation.
Here, a relatively new path attenuation (t*) estimation technique [Bennington et
al., 2008] is used to analyze local earthquakes in the NMSZ. The events were recorded
by the Cooperative New Madrid Seismic Network (CNMSN) and the PANDA network
(Figure 2). The resulting t* data are used to image 3-D QP structure in the NMSZ using
the local earthquake tomography program, SIMULPS, modified for attenuation imaging
[Rietbrock et al., 1996; Rietbrock, 2001; Eberhart-Phillips and Chadwick, 2002]. The site
response and corner frequencies from this study compare well with previous studies
[Ogwari, 2011; Zandieh and Pezeshk, 2011]. The QP structure, in combination with
velocity tomography results [Powell et al., 2010; Dunn et al., 2013, submitted],
geological and geomorphological observations, and magnetic and gravity data
interpretations [Rabak et al., 2011], are used to infer the compositional and physical
nature of the crust surrounding and including the NMSZ.
3.2 Methodology
For t* measurements, we use 500 earthquakes relocated through the Dunn et al.
[2013, submitted] VP and VS models and recorded from April 1996 to December 2005
and from January 2007 to December 2009 by the CNMSN and from 1989 to 1992 by
PANDA experiment (Figure 2). The CNMSN consists of a mix of broadband
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Figure 2. This study uses waveform and phase onset data provided by PANDA
experiment (green diamond) and CNMSN (blue triangles). Velocity and attenuation is
defined at nodes (gray crosses) and the inversion geometry is identical to the VP and VS
LET study of Dunn et al. [2013, submitted]. The inversion uses relocated earthquakes
(red circles) from Dunn et al. [2013, submitted]. Cross-section locations in Figures 12, 13
and 14 are shown as solid red lines.
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(CMG40T/DM16 or CMG40T/DM24) and short-period (L-28/ISIS) 3-component
seismometers over the time period of this study. Due to the change in acquisition systems
in 2006, events from this year were excluded. CNMSN earthquake waveform data
collected from 1995-present are available upon request through the Center for Earthquake
Research and Information (CERI) and are stored in Seismic Analysis Code (SAC)
[Goldstein et al., 2002] format. Short-period data have triggered gain ranging applied to
record larger events, and gain history is included with the archived waveforms. Gainranged data are not used for analysis. Phase information (phase type, onset, and pick
quality) is stored in corresponding Hypoinverse archive formatted files, and the
information is added to the SAC headers during processing. The PANDA experiment was
deployed between 1989 and 1992 and consisted of 40 short period high dynamic range
seismic stations. PANDA data have been converted into SAC format and the
corresponding phase information added to the SAC headers during processing.
Many studies ignore the contribution from recording instruments since the main
interest is the variation in attenuation and not the absolute Q values [Eberhart-Phillips
and Chadwick, 2002]. This assumption may be justified if all the instruments have the
same response, but since the CNMSN and PANDA use a range of broadband and shortperiod instruments, we do not make this assumption. Instrument response information is
available for both networks as SAC formatted poles/zeros. We remove the instrument
response from each seismogram to analyze the part of the seismogram that is the result of
natural processes only (i.e. source and propagation effects). The CNMSN broadband
instrument response is flat to velocity in the frequency range 1-30 Hz. The instrument
responses of the PANDA and CNMSN short-period seismometers are not flat in the
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frequency range of interest of this study, however. The consequences of removing
instrument response on the resulting t* values, site response, and attenuation models are
detailed below.
3.2.1 Calculation for t* and Site Response
In the frequency domain, displacement is given by the multiplication of source,
path, receiver and attenuation parameters. Following the formulation of Scherbaum
[1990], the amplitude spectrum of a seismogram of an event i recorded at station j is
given by

!!"#
!" ! ! !!" !!!!! !!!!! !!!!!" !!!

(1)

where !!"#
!" , Sj, Ij, and Bij are the observed amplitude spectrum, site response, instrument
response, and absorption spectrum, respectively. The term Oij includes the source
spectrum and the geometrical spreading factors and can be expressed in terms of lowfrequency amplitude (!oij) and corner frequency (!!! ) as

!
!

!!!"!!! !!

!!" ! ! !!

!! !

! !!!!!

!

(2)

For a Brune source [Brune, 1970; Brune, 1971], ! = 2, and equation (2) becomes
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The absorption spectrum, Bij, is calculated as

" #f (

Bij = e

Tij
Qij

)

=e

" #ft ij*

(4)

where Tij, Qij, and t ij* are!the travel time, dimensionless quality factor, and whole path
attenuation operator, respectively. Substituting equations 3 and 4 into equation 1 and
! the instrument response the instrument-corrected observed amplitude spectra,
removing

!!"##
!" !!!, is given by
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Taking the natural logarithm of both sides of equation 5 results in
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Although the site effect parameter is usually ignored [e.g., Lees and Lindley,
1994; Eberhart-Phillips and Chadwick, 2002], we use a joint inversion method
developed by Bennington et al. [2008] that simultaneously inverts the observed spectra
!
for !!!" , corner frequency !! , site response !! , and !!"
iteratively using the Levenberg-

Marquardt (LM) method [e.g., Aster et al., 2005]:

!! ! !!! !" ! ! ! ! !!!! !! !"

(8)

where !! is the model perturbation, I is the identity matrix, !!is the optimal damping
parameter, and r is the residual between the observed and predicted spectra. W is the
weighting matrix, which has a value of 1 for S/N ratio above 1.5 and 0 for S/N ratio
below 1.5. An initial model is used to calculate the predicted spectra from the right hand
side of equation 7 (Table 1).

Table 1: Initial parameters for amplitude spectra analysis
Model parameter

Initial value

!!
!!
S

0.05
10
1.0
0.02
19

!
!!"#$!%#
!!!"#$!%#
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The initial value of !!!" is determined by solving the linear problem

!!!"!#!$ ! !! !" !!!!! WC)

(9)

where W is a weighting matrix and A is calculated using the equation

!!! ! !

!

!!"!!!"#$!%#

!!!

(10)

!
!
!!!"#$!%#

and

!!"##
!" !!! !
!!"## !!! !
! ! ! !"
!
!"##
!!" !!! !

(11)

The predicted amplitude spectra is therefore given by

!" !!"#$
!
!"

! !" !!!"!#!$ ! !" ! !

!
!!!!"!#

!

! !" !!"#"$ !

!
! !"!!"!#!$
!!(12)

!
where !!!!"!# ! !!!"!# !!and !!"!#!$
are the initial model parameters given in Table 1. The

residual in equation 8 is therefore given by
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!"#$
! ! !" !!"##
!!!!
!" !!! ! !!"!!!!"

(13)

The elements of the Jacobian matrix G are the partial derivatives of equation 7 for each
model parameter and are given by:

!!"!!!!"##
!" !
!!!!"

!!"!!!!"##
!" !
!!!!

!!"!!!!"##
!" !
!
!!!"

!!"!!!!"##
!" !
!!!

!

! ! !!

!

!

(14)

!"

!!!

! !
!
!!
!

!

! ! ! ! ! ! ! !! ! !
!!

! ! !! ! !

!

!!!

(15)

(16)

(17)

!

The model perturbation from equation 8 is added to the initial model, the residual is
estimated from equation 12, and this step is repeated for the optimum number or
iterations chosen. The corner frequency from the above iterations is poorly resolved and
hence is updated using grid search method [Pesicek et al., 2011]. We then invert for !!!"
!
using the previous !!"
, !! , and the updated !!! . One more inversion is done using all the

updated parameters and using equation 8. Example waveforms (Figure 3) and spectral
method fit results (Figure 4) are shown for the CNMSN data.

54

Data analysis requires a series of criteria designed to include only those
waveforms that meet the desired quality standards. A 1.2 sec pre-P wave noise window is
taken from the signal. The phase signal is also 1.2 sec and includes 0.57 sec of signal
prior to P onset and 0.63 sec of the P-wave (Figure 3). The linear trend and mean of the
data are removed. Both the phase signal and the noise signal are Fourier transformed, and
the spectra are then smoothed using a smoothing matrix. The seismic signal spectrum is
then divided by the noise spectrum to determine the signal to noise ratio (SNR). SNR
must be #1.5 within a 10 Hz frequency range (a window of at least 10 Hz) for the
waveform to be used in further analysis. The S-P time difference must be at least 1 sec to
avoid contamination of the P-wave window. The velocity spectra is converted into
displacement spectra to invert for t* using equation 7. The t* values are calculated
separately for the CNMSN and PANDA stations (Table 2).
We investigate the effect of removing the instrument response by calculating t*
for the raw data in addition to the data with the instrument response removed. For all
data, the frequency range for which the theoretical spectra can fit the observed spectra is
fixed between 1 Hz and 24 Hz. This range is chosen following the suggestion of
Langston (2003a), who found that gain-ranging applied at the telemetry system to the
short period waveforms led to inaccurate spectra above 24 Hz. Comparison with t*
values calculated for a frequency range between 1 Hz and 30 Hz shows that as the
maximum frequency is increased, the median and average t* values remain the same
(Table 2, Figure 5) and the number of observations increases.
The t* values from the broadband seismometers are generally smaller than the t*
values calculated from the short period seismometers (Table 2, Figure 5). The t* values at

55

Figure 3. The example MD 2.4 earthquake occurred on 30 October, 2004, and was
recorded by 15 CNMSN stations. HALT, HICK, LNXT, and PEBM are broadband
seismometers. The vertical lines show the onset of the P-wave signal. The gray box
marks the 1.2 sec window around the P onset used for the t* calculation.

56

Figure 4. The spectral fit method applied to an earthquake that occurred on 30
October, 2004 (see Figure 3). The observed spectra (solid), the estimated spectra
(dashed), and the noise spectra (dotted) are shown for each recording station.
Calculated t*, estimated fit quality, and high frequency plateau, &o, are as indicated.
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each station exhibit increasing t* with increasing event-station distance (Figure 6). As
indicated in Figure 6, most of the t* values are calculated for hypocentral distances of
less than 60 km, although there are few instances where the hypocentral distances reach
more than 120 km. The vertical variation of t* with depth is also analyzed by taking
station-earthquake pairs where the stations lie almost on top of the earthquake
hypocenter. Only earthquakes that occur at a depth >5 km are used. The t* versus depth
plot does not demonstrate any trends (Figure 7).
The inverse approach to calculate t* employed in this study estimates the site
response at each station calculated from each earthquake spectra [Bennington et al.,
2008]. We compare the site response of the CNMSN broadband sites determined from
this study with site response at the same stations estimated using the horizontal-tovertical component (H/V) spectral ratio of small and moderate earthquake ground
motions [Zandieh and Pezeshk, 2011]. Zandieh and Pezeshk [2011] found a site
amplification of 2-4 for the lower shear-wave velocity Holocene-age alluvial deposits
(lowlands) [Toro et al., 1992] and 1.5-3 for the higher shear-wave velocity Pleistoceneage terrace deposits (uplands) [Toro et al., 1992] in the frequency range of less than 5 Hz.
In the t* derived results, stations located in the lower shear-wave velocity deposits
(GLAT, HALT, HICK, LNXT) as well as higher shear-wave velocity deposits (GNAR,
HBAR, HENM, LPAR, PARM, PENM, PEBM) show amplification between 1 and 3 in
the frequency range of less than 5 Hz (Figure 8). The upland stations have higher
amplification than the lowland sites in the frequency range of 3-7 Hz, with the exception
of LPAR and HBAR. HBAR is characterized as an uplands site since it is located on
Crowley Ridge, which is defined as an uplands deposit in Romero and Rix [2005].
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Table 2. Range, median and mean t* values using the CNMSN and PANDA data.
IR: Instrument Response.
t* range
CNMSN
Raw Data (1-24 HZ)
IR Removed (1-24 HZ)
IR Removed (1-30 HZ)

Broadband Stations
# of
Median
Observations
t*

0.001-0.058
0.001-0.054
0.001-0.066

t* range

935
1037
1115

0.022
0.022
0.020

Short Period Stations
# of
Median
Observations
t*

Mean
t*
0.0214
0.021
0.021

Mean
t*

CNMSN
Raw Data (1-24 HZ)
IR Removed (1-24 HZ)
IR Removed (1-30 HZ)

0.001-0.059
0.001-0.107
0.001-0.109

4712
7054
8320

0.024
0.028
0.028

0.023
0.028
0.029

PANDA
Raw Data (1-24 HZ)
IR Removed (1-24 HZ)
IR Removed (1-30 HZ)

0.001-0.070
0.001-0.080
0.001-0.080

970
1118
1229

0.014
0.021
0.020

0.015
0.021
0.020
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Figure 5. t* distribution from data at broadband (a-c) and short period (d-f) stations
of CNMSN. t* measurement results are shown for calculations performed on raw
data filtered between 1-24 HZ (a,d), data with instrument response removed filtered
between 1-24 HZ (b, e), and data with instrument response removed filtered between
1-30 HZ (c,f). Since the instrument response is flat in the frequency range of interest
for the broadband seismometers, the t* values of both raw and instrument response
removed data at a given frequency range are similar.

60

Figure 6. t* versus distance for a selection of 27 CNMSN recording stations. There is
a clear trend of t* increasing with increasing event-station epicentral distance.
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Figure 7. t* versus distance for vertically propagating waves recorded at 12 stations.
There is no clear trend between t* and vertical distance.
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Figure 8. Site response of the recording stations estimated from modeling the observed
spectra used in this study. The thick black lines and thin gray lines are site-response of
the broadband and short-period seismometers, respectively.
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3.2.2 Local Earthquake Attenuation Tomography
The LET algorithm SIMULPS was originally written by Thurber [1983] to
determine the velocity and hypocentral parameters of earthquakes from a set of arrival
times. The code was modified for Q inversion following Rietbrock [1996] by holding
velocity fixed and inverting t* measurements for Q [Thurber and Eberhart-Phillips,
1999]. The study area is parameterized in terms of velocity and Q at the nodes of a 3-D
grid volume (Figure 2). The size of the New Madrid model is 290 km (East–West) by
280 km (North-South) by 35 km (depth). In the central part of the model, the spacing
between the nodes is 5 km and widens to 10 km and 20 km as the seismic activity lowers
towards the periphery of the model and is identical to the velocity inversion study of
Dunn et al. [2013, submitted]. The (velocity*Q)-1 value at any point in the model can be
calculated by trilinear interpolation or cubic B-splines [Michelini and McEvilly, 1991]
between the surrounding nodes. The trilinear interpolation method is used here.
Approximate Ray Tracing (ART) and Pseudo-Bending (PB) [Um and Thurber, 1987] are
used to solve the forward problem. The program uses a damped, iterative, least square
inversion for Q structure. For the Q inversion, hypocenters are treated as fixed with
known origin time and location. The equation that relates t* and Q is given by

!! ! !

!

!

!

!!!!!!!! !!!!!!!!

!!"!!! !! !!

where the integral is taken along the ray path, r, of the seismic wave [Thurber and
Eberhart-Phillips, 1999].
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(18)

Regularization parameters are chosen to achieve a compromise in minimizing the
model norm versus the data misfit norm and limit noise in the resulting attenuation
images. We employ an empirical L-curve method (Figure 9) to determine the damping
coefficient for the combined CNMSN and PANDA t* data. A damping coefficient of
0.018 was selected as the optimum value. To further reduce noise in the images, we hold
QP fixed at nodes with a derivative weighted sum (DWS) of '25. DWS is a weighted
measure of raypath coverage.
3.3 Model Resolution Tests
Synthetic checkerboard tests, Resolution Diagonal Element (RDE) and DWS are
used to assess the quality of the model determined from the inversion setup. A 3-D QP
checkerboard synthetic model is created by alternately adding and subtracting 50% Q
anomalies to a homogeneous model with QP value of 300. This amount of variability is
consistent with the QP heterogeneity calculated using the real t* data. The checkerboard
layer is alternately placed at the different depths (3, 5, 9 and 12 km) in order to better
assess vertical and lateral smearing. The synthetic t* values are calculated using the
source-receiver geometry, initial 3-D VP model [Dunn et al., 2013, submitted], and the
synthetic checkerboard model. A homogeneous QP model (QP = 300) and the initial VP
model are then used in an inversion with the synthetic t* values. Regularization
parameterization is held fixed to that used in the inversion of real data.
The results indicate the checkerboard pattern is recoverable in the depth range of
5 – 9 km where there are the largest number of earthquakes and densest seismometer
distribution (Figure 10). The checkerboard placed at 3 km was not resolved. The 3 km
layer is a strong low-velocity zone in 1D models developed for the NMSZ [Chiu et al.,
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Figure 9. The L-curve method is used to empirically determine the optimum damping
coefficient to invert t* for the quality factor Q. t* data variance is plotted against QP
model variance. (Q is an input parameter that controls the maximum Q adjustment
allowed per iteration. The curves are similar above a damping coefficient of 0.020 for
all allowable Q adjustments tested. The preferred damping coefficient of 0.018 for the
case with a maximum Q adjustment of 140 (circles).
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1992; Pujol et al., 1997] and hence in the initial 3-D VP model [Dunn et al., 2013,
submitted]. The 3 km layer is also poorly resolved in the Dunn et al. [2013, submitted]
3-D velocity study. No earthquakes occur in this layer, and the vertically propagating
raypaths cannot resolve velocity or attenuation heterogeneity within this layer. The
checkerboards placed at 5 and 9 km were very well resolved, however. Both recovery
inversions indicate vertical smearing into the overlying and underlying layers on the
order of 20-30%. Smearing is stronger for low QP anomalies. Absolute perturbation
amplitude is best in the 5 km and 9 km layers across the study area. When the
checkerboard is placed at 12 km, the anomalies are recovered near the Reelfoot fault but
not as clearly along the Axial fault.
The formal resolution matrix is calculated in order to assess model resolution. I
show the Resolution Diagonal Element (RDE), which is the sum of the diagonal elements
of the resolution matrix, calculated for the final iteration in Figure 11. The RDE is
usually used as a quantitative measure of the resolution [Aster et al., 2005], and a given
parameter with a larger RDE implies it is less dependent on other parameters [Haslinger,
1998]. For a damped inversion such as the one used here, the absolute values of the RDE
may not reach 1.0 and smaller values can still be interpreted [Evans et al., 1994].
Generally, the nodes (or regions) of higher ray density should be well resolved, but
equally important is the azimuth of the rays, as only crossing rays result in increased
resolution. The DWS value takes both ray density and distribution into account. For the
NMSZ attenuation model, higher RDEs coincide with the contour of DWS greater than
1000 (Figures 11,12,13 and 14). I take the 1000 DWS value contour as the boundary of
regions of highest resolution. Like the checkerboard tests, the DWS indicates that the

67

Figure 10. Checkerboard tests are used to assess the resolution of the inversion
scheme. The input checkerboard (a) is placed at depths of 3, 5, 9 and 12 km and the
recovered model for a checkerboard layer of 3, 5, 9, and 12 km are shown in panels b,
c, d, and e respectively. The highest resolution is at depths between 5 and 9 km across
the study area. Resolution remains good near the Reelfoot fault from 5-12 km depth.
A weak vertical smearing is evident between 5 and 12 km depth.
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resolution is best along the Reelfoot fault between 5 km and 12 km depth and northern
part of the Axial fault between at 5 km and 9 km depth.
3.4 Results and Discussion
Seismic attenuation studies have indicated that some geologic and tectonic
structures drastically reduce the energy in seismic waves by converting the seismic
energy to other forms of energy, mainly heat energy. These structures include magma
chambers beneath volcanoes and fractures, cracks, and fluids in fault zones [O’Connell
and Budiansky, 1977; Al-Shukri and Mitchell, 1990; Zucca et al., 1994]. In this study, we
suggest that deformation within the fault zones and the presence of fluids can explain the
dominantly high attenuation structures imaged in the study area.
The final QP results (Figures 11,12, 13 and 14) indicate that the regions of the
NMSZ generating microseismicity are regions of high attenuation (reduced QP). The
surrounding crust, however, does not exhibit unusual attenuation values. Cross sections
EE’, FF’ and GG’ (Figure 12) are taken at distances of X = 20 km, X = 30 km, and X =
40 km respectively from the inversion center (Figure 2). Cross sections AA’, BB’, CC’
and DD’ (Figure 13) are taken at distances of Y = -10 km, Y = 5 km, Y = 15 km, and Y =
25 km (Figure 2) respectively. The attenuation is especially higher at the northern part of
Reelfoot fault, the southern part of the Reelfoot fault and in the middle part of the Axial
fault – Blythville Arch as shown in the map view images of the attenuation model in
Figure 11. Attenuation is the highest along the northern and southern segments of the
Reelfoot fault where seismicity is concentrated. The middle part of the Reelfoot fault,
where the seismicity is relatively diffuse and deeper, is shown as a region of average
attenuation values (Figure 11, depth section 9 km).
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The Blytheville Arch is a 10-15 km wide and ~110 km long pre-Late Cretaceous
NE-SW trending complexly faulted [Hildenbrand and Hendricks, 1995] anticlinal
structure [Hamilton and McKeown, 1988] along which the epicenters of the southern arm
of the NMSZ lie. Although there are no faults that break the surface, there are a
significant number of major liquefaction features that appear to be the result of the 1811
New Madrid earthquake [Johnston, 1996]. In the attenuation images the Blytheville Arch
and Axial fault are clearly seen as a high attenuation (reduced QP) structure at 5 km
depth. The attenuation feature has a width of ~10 km near the Arkansas-Missouri state
boundary, which is consistent with the dimensions of the Arch determined from
reflection studies [Hamilton and McKeown, 1988]. The width of this feature should be
taken as a maximum interpretable width as the east-west node spacing is 10 km (Figure
2) near the Blytheville Arch. This low QP anomaly coincides with the eastern part of an
east-west trending low magnetic (~-150 nT) structure imaged by Rabak et al. [2011]. The
Blytheville Arch appears to continue as a very narrow high attenuation structure as it
connects with the broader Reelfoot fault low attenuation feature at 5 km. But this narrow
band disappears at deeper levels (~9 km). The high attenuation noted in the Blytheville
Arch region could be due to a compositional change, locally high fluid pressure
[McKeown and Diehl, 1994], or due to pervasive faulting associated with the Axial fault
and rocks to the southeast based on low VP [Powell et al., 2011; Dunn et al., 2013,
submitted].
There is a high QP (low attenuation) anomaly near the intersection of the Axial
fault and Reelfoot fault at 9 km depth. Cross section BB’ of Figure 13 shows a depth
section through the attenuation model with seismicity in this region. Unlike most of the
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attenuation anomalies, this region does not have a corresponding velocity anomaly
[Powell et al., 2010; Dunn et al., 2013, submitted]. It does correspond to the boundary
between a highly magnetic region in the north (~150 nT) and less magnetic region in the
south (~-9 nT) [Rabak et al., 2011]. Few earthquakes are associated with this high QP
anomaly.
The other two regions of high attenuation are found at the northern and southern
part of the Reelfoot fault. The northern part of the Reelfoot fault, expressed at the surface
as the Reelfoot scarp, is direct faulting evidence of the crust in the NMSZ. The low QP
anomalies along the northern and southern parts of the Reelfoot fault lie slightly updip of
microseismicity (JJ’ and II’, Figure 14). Areas of high attenuation along the Reelfoot
fault are associated with swarm activity (Figure 15). The southern part of the Reelfoot
fault is characterized by low VP/VS ratio [Powell et al., 2010], diffuse seismicity [Pujol et
al., 1997; Csontos and van Arsdale, 2008; Dunn et al., 2008; Powell et al., 2010] and
intense swarm activity [Bisrat et al., 2012]. The attenuation images from this study show
the region is the highest seismic attenuation anomaly in the model. The attenuation
modeling supports the conclusions of Bisrat et al. [2012] that swarms are related to fluid
processes in the crust.
3.5 Conclusion
High-resolution frequency-independent 3-D seismic attenuation images of the
NMSZ are produced to help understand the tectonics, seismicity, and geology of the
study area using local tomography methods. The seismic ray distribution and the
resolution tests indicate the QP model is best resolved between 5 and 12 km depth.
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Figure 11. Absolute QP (first column), relative velocity VP [Dunn et al., 2013,
submitted] (second column), and QP RDE (third column). The white lines in first and
second column and the red lines in the third column outline regions of highest
resolution based on DWS. The contour is at 1000 for the QP models and 10 (good)
and 250 (best) for the VP models [Dunn et al., 2013, submitted]. Low QP anomalies
are associated with highest seismic activity and coincide with two major geologic
structures, including the Blythville Arch, Axial fault and the Reelfoot fault. Velocity
is given in percent change relative to the 1-D model of Chiu et al. [1992].
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Figure 12. N-S depth profiles of the QP model. White lines are the 1000 DWS
contour. Pink circles: seismicity taken ±10 km from the profiles. Cross-section
locations are shown in Figure 2.
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Figure 13. E-W depth profiles through the QP model. While lines are the 1000 DWS
contour. Pink circles: seismicity taken ±10 km from depth profiles. Cross-section locations
are shown in Figure 2.
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Figure 14. Cross-sections of the QP model (left) and the velocity model used [from Dunn
et al., 2013, submitted] parallel to the Axial fault (cross-sections HH’), perpendicular to
the south Reelfoot Fault (II’) and north Reelfoot Fault (JJ’), and parallel to the E-W
striking fault (KK’). The white lines outline regions of highest resolution based on DWS.
The contour is at 1000 for the QP models and 10 (good) and 250 (best) for the VP models
[Dunn et al., 2013, submitted]. Velocity is given in percent change relative to the 1-D
model of Chiu et al. [1992]. Pink circles: seismicity taken ±5 km from the profiles. Star:
location of swarms near Ridgely, TN from Bisrat et al. [2012]. Cross-section locations
are shown in Figure 2.
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Figure 15. QP model at 7 km depth combined with swarm and repeating earthquake
locations from Bisrat et al. [2012]. Areas of high attenuation along the Reelfoot fault are
associated with swarm activity (SW), supporting that conclusion of Bisrat et al. [2012]
that swarms are related to fluid processes in the crust. Earthquakes used in the
attenuation model are shown ±2 km from the depth section. The white line represents a
DWS contour of 1000. The dashed and solid gray lines are basement faults discussed
extensively in chapter 2.
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A series of N-S and E-W profiles as well as depth slices were taken to investigate the 3-D
variation of the attenuation and their interrelationship with seismicity. High attenuation
characterizes the southeastern and northwestern part of Reelfoot fault and the
seismogenic portion of the Axial fault. The attenuation is higher and more prevalent at
depth of 5 km than at 9 km. Near the Ridgley swarm region [Bisrat et al., 2012],
attenuation is high (low QP), and is consistent with the interpretation of the swarm area as
a region of possibly fluid rich fractures [Powell et al., 2010 Bisrat et al., 2012]. The highresolution 3-D QP results are consistent with previous attenuation studies in the region,
which showed that active faults and fractured crust in the NMSZ are highly attenuating.
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CHAPTER 4
INVESTIGATING THE 3-D ATTENUATION STRUCTURE OF THE NICOYA
PENINSULA, COSTA RICA, USING LOCAL EARTHQUAKE TOMOGRAPHY
4.1 Introduction
Over 90% of the world’s largest earthquakes occur along the seismogenic
megathrust of subduction zones. This ability to nucleate and/or propagate rupture is
strongly dependent on the mechanical and thermal characteristics of the upper and lower
plates, state of stress, and frictional stability across the plate interface [e.g., Scholz, 1998;
Hyndman et al., 1997; Lay et al., 2012]. Physical and material properties at depth can be
investigated through inversion of local earthquake arrival time data for compressional
(VP) and shear (VS) velocities and for high precision earthquake locations. Joint inversion
of local earthquake data in subduction environments has resulted in models of the
compositional, fluid and thermal structure of the subducting and overriding plates and
mantle wedge [e.g., Nishizawa et al., 1990; Hino et al., 1996; Eberhart-Phillips and
Reyners, 1999; Husen et al., 1999, 2000, 2002; Obana et al., 2003; DeShon et al., 2006].
Additionally, P- and S-wave amplitude spectra of locally recorded earthquakes contain
information about heterogeneous body wave attenuation [Rietbrock et al., 1996;
Rietbrock, 2001; Thurber and Eberhart-Phillips, 1999; Eberhart-Phillips and Chadwick,
2002; Eberhart-Phillips et al., 2008a,b]. Because some rock properties, such as fluid
content, have a greater effect on attenuation than velocity [e.g., Anderson, 1989],
combining three-dimensional (3-D) attenuation and seismic velocity models are useful to
improve interpretation of the thermal, mechanical, compositional, and hydrologic
interactions and material properties along the subduction fault.
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A number of international scientific initiatives have focused studies of
seismogenic processes along the Middle America Trench (MAT) offshore Costa Rica, in
part, because the margin has been identified as one of the type locations of subduction
erosion and varies morphologically, compositionally, and seismically along strike.
Likewise, the region is uniquely situated for subduction zone seismogenic studies
because the Nicoya Peninsula in Costa Rica extends very close to the trench axis,
allowing for inexpensive near-source studies (Figure 1). Recent large underthrusting
events near the peninsula include the Ms 7.7 1950 Nicoya Peninsula earthquake [Güendel,
1986], Mw 7.0 1990 Nicoya Gulf [Protti et al., 1995; Husen et al., 2002], and MW 7.6
2012 Nicoya Peninsula earthquake [Dixon et al., 2013] (Figure 1). The fast convergence
rate (8.3-8.5 cm/yr), along-strike variability, and monitoring prior to and during the 2012
Nicoya Peninsula earthquake makes the Nicoya region a unique natural laboratory to
understand the parameters that control earthquake seismogenesis.
This study builds on a series of high-resolution earthquake location and velocity
modeling studies of the shallow subduction zone [DeShon et al., 2006; Driskell, 2012;
Moore-Driskell et al., 2013 submitted] by providing 3-D attenuation images. Data comes
from the Costa Rica Seismogenic Zone Experiment (CRSEIZE) Nicoya Peninsula
amphibious passive seismic network (Table 1, Figure 1, Figure 5). Path attenuation (t*)
measurements for P-wave data are used to calculate a 3-D QP model using local
earthquake tomography (LET) methods [Thurber and Eberhart-Phillips, 1999]. The new
data provides additional constraints on 3-D variations in physical and material properties
along the seismogenic zone of the southern MAT. Comparative analysis of variations in
attenuation, seismic velocities, seismicity rates, and coseismic slip estimates yield
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Figure 1. (inset) Overview map showing the plate geometry along Central America.
Subduction of the Cocos plate beneath the Caribbean plate occurs along the Middle
America Trench (MAT). (map) Cocos plate offshore Costa Rica is formed at the CocosNazca (CNS) and East Pacific Rise (EPR) spreading centers. EPR lithosphere is ~24 Ma
offshore Costa Rica, and the CNS lithosphere is 21.5-23 Ma. A change in ridge geometry
during CNS lithosphere formation (CNS-1 and CNS-2) corresponds to a broad-scale
change in crustal morphology between smooth (EPR, CNS-1) and a seamount and ridge
domain (CNS-2). Centroid moment tensors are shown for events of MW # 6.9 [Global
CMT catalog]. Earthquakes (gray circles) are taken from the relocated CRSEIZE and
SFB microseismicity catalogs [Moore-Driskell et al., 2013 submitted]. Data used for the
Nicoya Peninsula attenuation study (red box) come from the Nicoya Peninsula,
CRSEIZE, amphibious seismic network (red triangles).
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valuable insight into determining the controlling factors in earthquake nucleation, and
hence can improve global understanding of subduction zone seismogenesis and aid with
local seismic hazard assessment.
4.2 Previous Studies
In the MAT, the Cocos Plate subducts beneath the Caribbean plate. Both the
subducting and the overriding plates show rapid along strike changes in their geological
and geophysical characteristics. The Cocos Plate is composed of two genetically different
oceanic lithosphere: 24 Ma old, East Pacific Rise derived lithosphere in the north and
21.5-23 Ma old, Cocos-Nazca Spreading Center (CNS) derived lithosphere in south. The
approximate location of this north-south divide is in the middle of the Nicoya Peninsula.
The ~1000 km long incoming plate shows a highly contrasting morphology with smooth
bathymetry in the north and a rough bathymetry in the south. The incoming plate is
smooth along Nicoya Peninsula.
The seismogenic zone of subduction systems of the MAT has been the target of
various geophysical studies since it generates large earthquakes (M>7) that pose great
danger to human life and structure. There has been both velocity [Quintero and Kissling,
1991; Protti et al., 1996; Husen et al., 2003; DeShon et al., 2006] and attenuation
[Christeson et al., 2000; Rychert et al., 2008; Zhu et al., 2010] studies that image the
subduction system beneath Nicoya peninsula. Rychert et al. [2008] used the data from the
Tomography Under Costa Rica and Nicaragua (TUCAN) experiment to broadly image
the subduction system in Nicaragua and Costa Rica. Their results show less attenuating
slab, upper plate, and wedge corner and a more attenuating mantle wedge. Moreover,
they showed the slab in Nicaragua is more attenuating than the slab in Costa Rica. Their
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study area is bigger than our study area and excludes the seismic data from Nicoya
peninsula deployments. DeShon et al. [2006] found the seismic velocities in the fore-arc
mantle beneath Nicoya peninsula suggest at most 20%–30% serpentinization.
4.3 Data and Methods
We examined 748 events recorded by the Nicoya network of the CRSEIZE
experiment to estimate t* from the amplitude spectra of the earthquakes. The Nicoya
network consisted of 20 short period land seismometers that recorded data from
December 1999 through June 2001, and 14 broadband ocean bottom seismometers (OBS)
that operated from December 1999 to June 2000 (Table 1). The OBS deployment
improves earthquake location and tomography studies by increasing resolution offshore.
Six hundred and three of these earthquakes passed the quality control tests and inversion
requirements to provide t*, !! , !! , and site response parameters. All of the 603 events
have been relocated in a recent travel time study [Moore-Driskell et al., 2013, submitted]
that provided us with the velocity model and relocation results for our studies. Only
events with azimuthal gap of 180º or less are used to ensure that the highest quality events
with smallest possible hypocentral uncertainty are used in this study. This leaves 210
high-quality earthquakes for use in the final inversion.
4.3.1 t* Calculations
A seismogram recorded on the surface of the earth is the convolution in time
domain of source, path, site and instrument response elements. In the frequency domain,
the amplitude spectrum of a seismogram of an event i recorded at station j is given by
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Table 1. Land and OBS information of the CRSEIZE Nicoya Peninsula Experiment
Station
BANE
BONG
COND
CORO
COYO
GRAN
GUAI
GUIO
HATA
HOJA
INDI
JUDI
MARB
PAPA
PARG
PNCB
PNUE
SAJE
SARO
TFER
VAIN
VIMA
NB01
NB03
NB04
NB05
NB06
NB07
NB08
NB09
NB10
NB11
NB12
NB13
NB14

Latitude
(deg)
9.9292
9.7535
10.5798
9.9729
10.3614
10.3404
10.2702
9.9228
10.4343
10.0498
9.8647
10.1659
10.0630
10.5902
10.1983
9.5895
9.8411
10.6086
10.8390
10.2082
9.7768
10.1430
9.5003
9.6994
9.7001
9.8754
9.7837
9.6836
9.7199
9.8403
9.9500
10.0503
9.9203
9.8300
9.7501

Longitude
(deg)
-84.9564
-85.2078
-85.6736
-85.1711
-85.6493
-85.8458
-85.5105
-85.6584
-85.2848
-85.4230
-85.5022
-85.5387
-85.7544
-85.6760
-85.8230
-85.0917
-85.3352
-85.4500
-85.6094
-85.2706
-85.0102
-85.6302
-86.1999
-86.1593
-86.2984
-86.1998
-86.0250
-85.9423
-85.7615
-85.9000
-85.9996
-85.9004
-85.8001
-85.6801
-85.5499

Elevation
(km)
0.05
0.03
0.05
0.05
0.07
0.03
0.05
0.03
0.04
0.36
0.08
0.71
0.05
0.04
0.02
0.02
0.02
0.02
0.03
0.07
0.06
0.97
-3.70
-3.76
-4.14
-3.10
-2.38
-2.30
-1.28
-1.47
-1.31
-0.42
-0.23
-0.10
-0.11
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Sensor
Type
CMG3T
L28
CMG3T
L28
L28
STS2
CMG3T
L22
CMG3T
STS2
STS2
STS2
CMG40T
CMG3T
L28
STS2
L22
L22
STS2
L22
L22
L28
PMD
PMD
PMD
PMD
PMD
PMD
LC4
LC4
LC4
LC4
LC4
LC4
LC4

Sampling
Rate (Hz)
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
40
64
64
64
64
64
64
64
64
64
64
64
64
64

!!"#
!" ! ! !!" !!!!! !!!!! !!!!!" !!!

(1)

where !!"#
!" , Sj, and Ij, are the observed amplitude spectrum, site response, and instrument
response respectively. The absorption spectra, Bij, has an exponential relationship to t*
and is given by

!!" ! ! !

!!"!

!!"
!
!!"

!

! ! ! !!"!!"

(2)

where Tij, Qij, and t ij* are the travel time, dimensionless quality factor and whole path
attenuation operator, respectively. The term Oij includes the source spectrum and the
! spreading factors and can be expressed in terms of low-frequency amplitude
geometrical

(!oij) and corner frequency (!!! ) as

!
!

!!!"!!! !!

!!" ! ! !!

!! !

! !!!!!

!

(3)

following the formulation of Scherbaum [1990].
The instrument response of the recording seismometers is an important factor in
attenuation studies since it is frequency dependent. The effect is more pronounced in
short-period seismometers than in broadband seismometers, which have a constant
response to velocity over a broader range of frequencies. We remove the instrument
response to avoid instrument related bias in the t* calculation, although it is usually
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ignored in most studies [e.g., Lees and Lindley, 1994; Eberhart-Phillips and Chadwick,
2002]. Eberhart-Phillips et al. [2008a,b] found that removing instrument response did
not result in significant change in t* because t* fits a decay rate. Bisrat et al. [2013,
submitted] also found that removing instrument did not result in significant change in the
calculated t* when site response was also calculated.
After removing the instrument response and assuming a Brune source [Brune,
1970; Brune 1971], the amplitude spectra can be parameterized as:

!" !!"##
!
!"

! !" !!!" ! !"!!! !

!
!!!

!

! ! !" !! !

!
! !"!!"
!!

(4)

where !!"##
is the instrument corrected amplitude spectra. The details of the method
!"
used for estimating t* following Bennington et al. [2008] and Pesicek et al. [2011] are
given in Chapter 3 of this dissertation.
We implement a series of data analysis methods to prepare the data for the final
inversion. We take a 0.75 second pre-P onset noise window and 1.25 second of P-wave
signal from each waveform and Fourier transform it to produce the signal spectra. Due to
the differing sampling frequencies, this is equivalent to 30 samples pre-P onset noise and
50 samples P-wave signal for the land seismometers and 48 samples pre-P onset noise
and 80 samples P-wave signal for the OBS. Similarly, a 2 second long pre-P onset noise
window is taken from each waveform and Fourier transformed to produce the noise
spectra. Both the wave signal and the noise spectra are then smoothed using a smoothing
matrix and the signal-to-noise ratio (S/N) is computed by dividing the signal by the noise
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at each frequency. We designate a signal as good quality if the S/N is greater than 1.5 for
a frequency band of at least 10 Hz. The sampling frequencies of the land and ocean
bottom seismometers are 40 Hz and 64 Hz respectively limiting our study to frequencies
of less than 20 Hz to avoid Nyquist aliasing.
The t* results from the spectral fit method are shown in Figure 2. Almost all of
the t* observations acceptable for inclusion in attenuation modeling are from land
stations. The OBS were deployed for a shorter duration of time and the signals have
lower SNR compared to land stations resulting in fewer quality t* values. The mean t* of
land stations (0.014) is much larger than for OBS stations (0.009) (Figure 3). The t*
values generally tend to increase with distance (Figure 4), though there is a much smaller
variation with distance for the OBS stations.
4.3.2 Attenuation modeling
We use local earthquake tomography methods to image the 3-D attenuation
structure of subduction segment of the MAT beneath Nicoya Peninsula. The dense station
coverage and the high frequency of the seismic waves provide high-resolution
tomographic images in LET. The t* data estimated from the spectral fitting method are
inverted for attenuation using a well-tested travel-time tomography code SIMULPS
[Thurber, 1983; Thurber and Eberhart-Phillips, 1999] which was modified for the
inversion of t* data for Q values following Rietbrock [1996, 2001]. In the following
paragraphs we describe the procedure we followed to produce the most likely attenuation
model of the study area.
The study area is parameterized into a 3-D grid of points, each grid point formed
by the intersection of two mutually perpendicular vertical planes and a horizontal plane
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Figure 2. (a) The waveforms of an earthquake that occurred on October 24, 2000 as
recorded by vertical seismometers. (b-l) The spectral fitting technique applied to the
example earthquake. The solid blue lines are the observed signal spectra, the dotted red
lines are the theoretical spectra, the dotted blue lines are the noise spectra.
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Figure 3. t* distribution for all stations (left), land stations (middle), and OBS stations
(right). Only small percentage of the t* observations (6%) are from the OBS stations.

Figure 4. Plots show the variation of t* values with distance at 27 stations of the
CRSEIZE Nicoya experiment. Stations whose names begin with NB are OBS stations.
There is no change in t* with distance for OBS stations but the scatter high. There also
appears to be an anomalous increase in t* value at a distance of about 60 km.
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(Figure 5). In our study the model is 520 km (x-axis) by 500 km (y-axis) by 205 km
(depth or z-axis). The x-axis and y-axis are rotated 48o from the north-south and eastwest direction to match the general trend of the MAT, major tectonic structure in the
area. The z-axis includes 200 km below sea level and 5 km above sea level. Four vertical
(at x = -1000 km, x = 1000 km, y = -1000 km, y = 1000 km) and two horizontal (at z = 100 km and z = 700 km) boundary planes are not included in the inversion. The
horizontal and vertical inter-grid distance is 20 km except towards the periphery resulting
in the representation of the study area by 5586 grid points.
We assign a velocity value to each grid point from a recent high-resolution
velocity model of Driskell [2012]. Driskell [2012] used the same waveform data set and
inversion grid as this study and conducted a systematic data quality study to produce a
robust velocity model and relocate earthquake hypocenters. Our hypocenter locations
come from relocated hypocenters reported in Driskell [2012].
The theoretical t* value is calculated from each earthquake location to the
recording stations using the initial attenuation (QP) structure and velocity model and the
relationship given in equation 4. The velocity model is used to determine the ray path
using raytracing techniques. We use the Approximate Ray Tracing and Pseudo-Bending
(ART-PB) ray tracer developed by Um and Thurber [1987] in this study. The t* residuals
are calculated by subtracting the theoretical t* from the observed t* and the attenuation
values are perturbed to minimize the t* residuals by using the damped, iterative, least
square inversion [Thurber and Eberhart-Phillips, 1999]. The t* for each ray is calculated
using the equation
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where the integral is taken along the ray path, r, of the seismic wave. Unlike travel time
tomography methods, the earthquake locations and the velocity models are left
unperturbed.
SIMULPS formulates the solution for velocity*QP as a non-linear inverse
problem, and the initial model should lie close to a “true” model. In the current study, the
purpose is to minimize the misfit between the t* determined from the spectra of actual
seismograms recorded at the CRSEIZE, Nicoya experiment stations and the t* calculated
theoretically by a ray that passes through a model which is very “close” to the initial
model. We choose a homogenous model with attenuation factor value of 600 for the final
interpretation after testing a variety of models. But we also test other initial models; we,
however, do not see a significant change, especially in regions of highest resolution, in
the attenuation models (Figure 6). We illustrate three starting models, two halfspaces
with QP values of 600 (Figure 6a) and 900 (Figure 6b) and a third model with a QP value
of 900 on top of the mantle with a Q value of 600 (Figure 6c).
The t* residuals are weighted systematically during the inversion. We give a
weight of 1.0 if the residual is less than 0.01 sec, a weight of 0.02 if the residual is 0.02
sec and 0 if the residual is greater than 0.03 sec. Two different linear tapers apply for
residuals between 0.01 and 0.02 as well as between 0.02 and 0.03 sec. Figure 7 shows the
residual distribution before and after applying the weighting scheme discussed here. The
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Figure 5. The inversion grid (crosses) used in the study. Triangles and gray circles
represent recording stations and earthquake locations used in the study. Cross sections
In figure 12 are taken along the solid lines at X = 0, X = 20, and X = 40 km.
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Figure 6. The major features remain unchanged for different initial models. The initial
models are homogeneous layer with QP values of 600 and 900 for the top and middle
panels. The initial model for the bottom panel is a 40 km crust (QP = 900) on top of 160
km mantle (QP = 600). Black triangles and pink circles represent recording stations and
earthquakes, respectively.
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t* residual distribution shows most of the theoretical t* values calculated are small (with
a mean t* value of 0.0091 sec) for distances less than 75 km. The t* residuals are
negative with a mean t* value of -0.014 sec beyond 75 km. The mean residual t* values
for distances less than 75 km and greater than 75 km drop to -0.00048 and -0.0123
respectively when the weighting scheme is applied.
Another important parameter is the regularization parameter, ". The right
regularization parameter keeps balance between modeling the “actual” data and the noise
into the model by minimizing the model and data norms. Empirically, the regularization
parameter can be selected by running single iteration inversion using different damping
values and plotting the model complexity versus the data variance [Eberhart-Phillips,
1986]. The L-curve and the best damping value selected are shown in Figure 8.
4.4 Model Resolution
Synthetic modeling and consideration of the Derivative Weighted Sum (DWS) is
used to assess model resolution of the inversion set up produced from the source-receiver
geometry used in this study. The DWS is a measure of data distribution at the inversion
nodes. The purpose of the model resolution test is to identify and interpret wellconstrained structures only.
In the spike test, a high attenuation anomaly (Qp = 300) and a low attenuation
anomaly (QP = 900) are placed at various depths and distances from the slab in a uniform
and homogeneous (QP = 600) attenuation model. The depths and distance of the
anomalies from the slab are selected to systematically investigate the resolution at the
slab, mantle wedge, overriding plate crust, the subducting plate crust, and the mantle of
the subducting plate. We test both high QP and low QP anomalies. Seismic rays from the
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Figure 7. The t* residuals calculated by subtracting the theoretical t* from observed t*
(top left). Residuals smaller than 0.03 sec are used in the inversion (top right). The
bottom panels show the distribution of all the residuals (bottom left) and the residuals
smaller than 0.03 sec (bottom right).
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Figure 8. L –curve is a trade-off curve used to select the best damping value for the data
and inversion set up used in this study. The curves are for different values of the input
parameter that controls the maximum adjustment allowed for QP within a single iteration.
Squares, crosses, triangles and circles represent model complexity-data variance points
for adjustable QP values of 60, 100, 145, 175 respectively.

102

earthquake source locations used in the real data sample the anomalies on their way to the
recording stations and a t* value is calculated for each raypath.
The calculated t* is then used as data to see if it can reproduce the attenuation
anomaly. The anomaly is visually compared to the original anomaly input to assess any
difference in shape and magnitude. The closer the original anomaly is to the inverted
anomaly, the higher the resolution of the inversion set up. The results show the resolution
is highest in the seismogenic zone and there is a relatively good resolution up to a depth
of 50 km (Figure 9).
We also use the DWS to mathematically estimate the ray density at the inversion
nodes [Thurber, 1983]. The DWS show that the resolution is highest at the seismogenic
zone (Figures 10 and 11) because there are more crossing ray paths at that depth.
4.5 Attenuation Results And Discussion
We use six horizontal tomograms (slices) (Figure 10 and 11) taken at depths of 0
km, 10 km, 20 km, 30 km, 40 km, and 50 km below sea level and six cross-sections
(shown in a map in Figure 5) taken perpendicular to the general trend of the subduction
trench (at x = -40 km, x = -20 km, x = 0 km, x = 20 km, x = 40 km, and x = 60 km) to
help us understand the anelastic properties of the subduction slab, seismogenic zone, the
margin wedge, and the crust and their relationship with earthquake processes. Cross
sections x = -40 km, x = -20 km, x = 0 km and x= 20 km are profiles where the cold EPR
derived oceanic lithosphere subduct beneath the northern Nicoya peninsula while x = 40
km and x = 60 km are profiles where the warm CNS derived oceanic lithosphere is
subducting beneath the southern Nicoya Peninsula.
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Figure 9. The results from a spike test. Both positive and negative anomaly bodies
(spikes) are used to determine the geometry and amplitude recovery possible from the
inversion set up used in the study. In this example a low QP (high attenuation) anomaly is
placed between x= 20 and x = 40 km and depth of 20 km (left column). The recovered
anomaly is shown in the right column.
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The results from this study show the different tectonic elements and processes of
the subduction system imaged owing to their identifiable attenuation characteristics.
These include the high QP feature that is mainly the subduction slab and low QP features
that include the crust of the overriding plate, the tip of the mantle wedge and fluid rich
part of the crust (Figure 12). The Moho discontinuity is about 30 km deep in the study
area and has high QP (Figure 11). The fully-coupled part of the megathrust is imaged as a
low QP feature (solid black ellipses in Figure 12) while the mantle wedge is associated
with low frequency earthquakes (dashed ellipses) that also coincide with low QP values.
The subduction slab is clearly imaged in cross-sections x = 0 km, x = 20 km and x = 40
km as a high QP feature. Various studies have shown that the slab is characterized by low
attenuation [e.g., Chen and Clayton, 2009]. The slab dips at about 16º at cross section x =
40 km at seismogenic depths (15 - 25 km below sea level). The slab is shown as a low
attenuation feature in all of the tomographic images.
There is a low QP anomaly found on the cross section at x = 0 km (Figure 10 and
Figure 12) extending from about 45 - 50 km to about 75 km below sea level. The
resolution is relatively low at this depth, but it is important to note that this cross section
coincides with the mantle wedge at the intersection of lithosphere formed at the East
Pacific Rise and Cocos – Nazca spreading centers. The mantle wedge from different
subduction zones show low QP, which could be related to hydration [e.g Haberland and
Rietbrock, 2001]. Christeson et al. [2000] used reflection modeling of refraction data to
indicate the high attenuation of the mantle wedge offshore of the Nicoya Peninsula. The
high attenuation property of the wedge due to hydration and temperature is well
documented [e.g., Rychert et al., 2008]. Rychert et al. [2008] estimated the effective
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Figure 10. Cross – sections showing QP models produced in this study (left), the
constrained velocity model (middle) used as input and the DWS values (right). The
contour interval in the DWS images is 4000. Pink circles and black triangles represent
earthquakes and recording stations respectively. The earthquakes in the attenuation model
and the DWS images are used in this study. The earthquakes shown in the velocity
models were used to derive the velocity model by Driskell [2012].
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Figure 11. Horizontal slices showing QP models produced in this study (left), velocity
model (middle) used and the DWS values (right). Pink circles and black triangles in the Q
and DWS images represent earthquakes and recording stations used in this study
respectively. The earthquakes (pink circles) in the velocity model were used to derive the
velocity model [Driskell, 2012]. The contour interval in the DWS images is 4000.
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Figure 12. The images show the interpretation of the results discussed in the text.
Regions of strong coupling (solid black ellipses) coincide with high-QP values (panels b,
c, and d). The location of low-frequency earthquakes lies in low-QP regions (dashed
ellipses in panels b and e). Red solid ellipse shows fluids escaping from below. The
location of the fully coupled patches is from Feng et al. [2012] and the location of low
frequency earthquakes is from Brown et al. [2009]. The location of the Moho and slab is
from DeShon et al. [2006]. Pink circles and black triangles represent earthquakes and
recording stations used in this study respectively. Gray cirlces in b and e are LFEs from
Brown et al. [2009].
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temperature at the wedge beneath Costa Rica to be 1350-1358oC. The high attenuation
could also be due to the effect of serpentinization, which has been inferred from velocity
models [DeShon and Schwartz, 2004].
The overriding plate is imaged as having high or medium attenuation properties at
the upper crustal level and low attenuation at the lower crustal level (section x = 0 km).
This is consistent with the geological composition of the Nicoya Peninsula, which is
made of Late Jurassic to Late Cretaceous ophiolitic rocks overlain by Late Cretaceous
and younger sedimentary rocks. There is a medium QP anomaly (section x = 20 km and x
= 40 km) above the seismogenic zone (red solid ellipse in Figure 12). The same volume
was imaged in magnetotelluric studies showing a very low resistivity of 5-10 ohm meter
[Worzewski et al., 2011]. Subduction zones play an important role in global material
transport including fluids. The fluid that enters the subduction zone goes deep into the
mantle, comes back to the surface or is stored in the crust [Worzewski et al., 2011].
Worzewski et al. [2011] suggested that the low resistivity could be due to water released
from minerals as a result of clay demineralization. The presence of fluids is also known
to increase seismic attenuation [e.g. Winkler and Nur, 1982], which might explain the
anomaly observed in our model.
The Nicoya Peninsula has also been the subject of extensive geodetic studies that
complement the seismic studies in understanding the deformation [Lundgren et al., 1999;
Norabuena et al., 2004; LeFemina et al., 2010; Feng et al., 2012;]. Feng et al. [2012]
used GPS data from 49 sites to study the long-term active deformation in the Nicoya
Peninsula. Their results delineated two fully coupled regions at 15 km and 24 km depth
with the potential of generating Mw 7.8 earthquakes. Moreover, they observed that
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microearthquakes, non-volcanic tremor, low frequency earthquakes, and transient slowslip events tend to occur in the moderately to weakly coupled regions. In this study we
investigate if there is a correlation between the state of coupling reported in Feng et al.
[2012] and the attenuation heterogeneity from our results. Fully coupled patches that
have high Q-values are shown in cross-sections at x = 20 km and x = 40 km and at depth
section 20 km (solid ellipses, Figure 12). At cross section 20 km, a region of intermediate
QP-values separates the two patches. This mirrors the interseismic coupling model of
Feng et al. [2012] that shows an intermediately coupled zone between the two welllocked regions. The low frequency earthquakes in Nicoya [Brown et al., 2009] are
located in low-intermediate QP values as shown in cross sections 20 km and 0 km and
depth 40 km where there is low interseismic coupling (dashed black ellipsoid, Figure 12).
4.6 Conclusion
We produce 3-D attenuation structure of the subduction segment beneath Nicoya
Peninsula using local earthquake data from land and ocean bottom seismometers. We use
synthetic tests and derived weighted sums to interpret only well constrained part of the
tomographic model. The 3-D models show heterogeneity in QP values that correspond to
different segments and processes in the subduction system. The upper crust of the
overriding plate, fluid-rich part of the crust and the tip of the mantle wedge have high
attenuation values. The results showed that the strongly coupled parts of the megathrust
are characterized by low attenuation (high QP). Low frequency earthquakes tend to occur
in high attenuation regions near the Moho discontinuity.
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CHAPTER 5
CONCLUSIONS
5.1 Microseismic Swarm Activity in the New Madrid Seismic Zone
This study presented localities that have been identified as sources of highly
similar earthquakes in the years between 1995 and 2008. Seven source zones host either
swarm, repeating earthquake clusters, or both. Some of these areas have been known to
produce a large number of microearthquakes. The most productive region is the Ridgely
swarm area, with five swarms (SW1, SW2, SW4, SW5, SW6) that define a southweststriking swarm zone. Geophysical evidence provides some support for the presence of
fluids at hypocentral depths, and perturbations in pore-fluid pressure may be responsible
for the local swarm activity. For the Ridgely swarms in particular, the recurrence of
highly similar waveforms during swarms and between swarms point to fluid processes as
a more efficient way to re- load the faults, and it is more likely that pore-fluid pressure
changes within highly fractured Precambrian crust trigger the swarm activity. A small
number of swarms and repeating earthquake clusters occur at known fault intersections,
and we cannot rule out the possibility that this activity is related to differential stress
developed at fault intersections, similar to conclusions presented in similar studies in this
region (Xie et al., 1997; Xie, 2001). The focal mechanism solutions for swarm activity
are similar to catalog solutions, indicating that the broad-scale stress regime does not
change.
Like swarms and repeating earthquakes reported at active plate boundary faults,
unambiguously identifying the driving processes responsible for generating highly
similar waveforms over short- and long-term time scales remains difficult. However, it
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does not appear that active intraplate faults in the NMSZ behave any differently at the
microseismic level then do their plate boundary counterparts. Future work in the central
United States with the passage of the Earth- scope project may clarify crustal structure
and seismogenic potential, providing evidence needed to understand the broad-scale
driving mechanisms of intraplate seismicity.
5.2 High Resolution 3-D Attenuation Structure Of The New Madrid Seismic Zone
High-resolution frequency-independent 3-D seismic attenuation images of the
NMSZ are produced to help understand the tectonics, seismicity, and geology of the
study area using local tomography methods. I used data from both PANDA experiment
and the CNMSN to increase the data coverage of the study area. The t* estimating
technique is relatively new as the site response term is not ignored during spectra
inversion. The site response estimated using this method is comparable with estimates
that used other well-tested techniques showing the reliability of the method. But it is
important to note that the trade-off between source, path and site terms still remains a
fundamental seismological problem in spectral inversions and the current methods can
only give the best estimates of the spectral components.
The seismic ray distribution and the resolution tests indicate the QP model is best
resolved between 5 and 12 km depth. A series of N-S and E-W profiles as well as depth
slices were taken to investigate the 3-D variation of the attenuation and their
interrelationship with seismicity. High attenuation characterizes the southeastern and
northwestern part of Reelfoot fault and the seismogenic portion of the Axial fault. Near
the Ridgley swarm region, attenuation is high (low QP), and is consistent with the
interpretation of the swarm area as a region of possibly fluid rich fractures. The high-
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resolution 3-D QP results are consistent with previous attenuation studies in the region,
which showed that active faults and fractured crust in the NMSZ are highly attenuating.
5.3 Investigating 3D Attenuation Structure of Nicoya Peninsula, Costa Rica
I produce 3-D attenuation structure of the subduction segment beneath Nicoya
Peninsula using local earthquake data from land and ocean bottom seismometers. I use
synthetic tests and derived weighted sums to interpret only well constrained part of the
tomographic model. The 3-D models show heterogeneity in QP values that correspond to
different segments and processes in the subduction system. The upper crust of the
overriding plate, fluid-rich part of the crust and the tip of the mantle wedge have high
attenuation values. The results showed that the strongly coupled parts of the megathrust
are characterized by low attenuation (high QP). Low frequency earthquakes tend to occur
at high attenuation regions in close proximity to the Moho discontinuity.
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